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Abstract

In this study the sulfur cycle in the organic-rich mud belt underlying the highly productive upwelling waters of the Nam-
ibian shelf is quantified using a 1D reaction-transport model. The model calculates vertical concentration and reaction rate
profiles in the top 500 cm of sediment which are compared to a comprehensive dataset which includes carbon, sulfur, nitrogen
and iron compounds as well as sulfate reduction (SR) rates and stable sulfur isotopes (32S, 34S). The sulfur dynamics in the
well-mixed surface sediments are strongly influenced by the activity of the large sulfur bacteria Thiomargarita namibiensis

which oxidize sulfide (H2S) to sulfate (SO2�
4 ) using sea water nitrate (NO�3 ) as the terminal electron acceptor. Microbial sulfide

oxidation (SOx) is highly efficient, and the model predicts intense cycling between SO2�
4 and H2S driven by coupled SR and

SOx at rates exceeding 6.0 mol S m�2 y�1. More than 96% of the SR is supported by SOx, and only 2–3% of the SO2�
4 pool

diffuses directly into the sediment from the sea water. A fraction of the SO2�
4 produced by Thiomargarita is drawn down dee-

per into the sediment where it is used to oxidize methane anaerobically, thus preventing high methane concentrations close to
the sediment surface. Only a small fraction of total H2S production is trapped as sedimentary sulfide, mainly pyrite (FeS2) and
organic sulfur (Sorg) (�0.3 wt.%), with a sulfur burial efficiency which is amongst the lowest values reported for marine sed-
iments (<1%). Yet, despite intense SR, FeS2 and Sorg show an isotope composition of �5 & at 500 cm depth. These heavy
values were simulated by assuming that a fraction of the solid phase sulfur exchanges isotopes with the dissolved sulfide pool.
An enrichment in H2S of 34S towards the sediment-water interface suggests that Thiomargarita preferentially remove H2

32S
from the pore water. A fractionation of 20–30& was estimated for SOx (eSOx) with the model, along with a maximum frac-
tionation for SR (eSR–max) of 100&. These values are far higher than previous laboratory-based estimates for these processes.
Mass balance calculations indicate negligible disproportionation of autochthonous elemental sulfur; an explanation routinely
cited in the literature to account for the large fractionations in SR. Instead, the model indicates that repeated multi-stepped
sulfide oxidation and intracellular disproportionation by Thiomargarita could, in principle, allow the measured isotope data
to be simulated using much lower fractionations for eSOx (5&) and eSR (78&).
� 2008 Elsevier Ltd. All rights reserved.
1. INTRODUCTION

The Namibian shelf (southwest Africa) is located
within the Benguela upwelling system and is character-
ized by near-perennial upwelling of South Atlantic Cen-
0016-7037/$ - see front matter � 2008 Elsevier Ltd. All rights reserved.
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tral Water (SACW) and Eastern SACW, high
productivity and bottom water anoxia (Bailey et al.,
1985; Chapman and Shannon, 1985). The water depth
on the inner shelf is quite shallow (�100 m), which al-
lows a significant amount of fresh phytodetritus to be
deposited at the sediment-water interface. The absence
of dissolved oxygen in the bottom water enhances the
accumulation of particulate organic carbon (POC) in
the sea floor, which reaches up to 15% dry weight (In-
thorn et al., 2006). Free methane gas has been detected
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deep in the mud wherever the sediment thickness sur-
passes 4 m (Emeis et al., 2004).

The above factors contribute to a sediment geochemistry
which is markedly different from that of typical continental
shelf sediments. The deposition of extremely labile phyto-
plankton-derived organic matter generates rates of bacterial
sulfate reduction (SR) from the sediment-water interface
down to 10–15 cm depth which are markedly high for pas-
sive margin sediments (100 mM y�1 of SO2�

4 ) (Brüchert
et al., 2003). SR produces copious quantities of dissolved
sulfide (H2S) which can accumulate to 10 mM or more in
the surface layers. The chemical oxidants for H2S com-
monly found in shelf sediments are either absent (O2) or
present at very low concentrations (Fe(III), Mn(IV); Bor-
chers et al. (2005)). The pronounced boundaries between
the oxic, suboxic and anoxic sediments, within which redox
transformations of sulfur coupled to Fe, Mn and O2 cycling
normally occurs (Canfield et al., 2005), are therefore not
present here. Consequently, the subsurface H2S can be re-
leased episodically to the water column, producing ephem-
eral periods of euxinia during which seawater H2S
concentrations increase to 0.1 mM (Brüchert et al., 2006).
Extreme, yet rare, H2S emissions from the sediment can
have severe impacts on local fisheries (Bailey et al., 1985).

The redox dynamics in the Namibian shelf is thus highly
specific. In addition, the H2S flux towards the sediment-
water interface is mostly consumed by the non-phototroph-
ic large sulfur bacteria Thiomargarita namibiensis (Schulz
et al., 1999; Brüchert et al., 2003). Thiomargarita namibien-

sis catalyzes the reaction between H2S and nitrate (NO�3 ) to
produce sulfate (SO2�

4 ) and ammonium (NHþ4 ), similar to
filamentous Beggiatoa and Thioploca species (Fossing
et al., 1995; Ferdelman et al., 1997; Otte et al., 1999; Preisler
et al., 2007). These bacteria tend to colonize areas on the
Namibian shelf characterized by occasional euxinia and
high subsurface SR rates (Brüchert et al., 2003). Beggiatoa,
Thiomargarita and Thioploca are vacuolated and can store
large amounts of NO3

- at concentrations up to 800 mM
(Schulz et al., 1999). However, in contrast to Thioploca

and Beggiatoa, Thiomargarita are non-filamentous and be-
lieved to be non-motile, such that externally-driven sedi-
ment resuspension has been proposed as the mechanism
which allows these bacteria to access the seawater and
regenerate their internal NO�3 reservoir (Schulz and Jørgen-
sen, 2001). More recently, Thiomargarita have been de-
tected in hydrocarbon seep sediments in the Gulf of
Mexico (Kalanetra et al., 2005).

Very little quantitative information is known about the
interactions between Thiomargarita and their geochemical
surroundings. This knowledge gap provides the impetus
for this study, that is, to quantify the dynamic interplay
of the nitrogen, sulfur and carbon cycles at a representative
site where Thiomargarita have been detected. The data pre-
sented, which include the NO�3 content of Thiomargarita as
well as pore water and solid phase stable sulfur isotopes
(32S, 34S), are primarily used to confirm the results of a stea-
dy-state reaction-transport model (RTM). The factors con-
tributing to the isotope distributions in the sediment are
constrained by explicitly modeling the individual sulfur iso-
topes of the major dissolved and solid compounds, includ-
ing the pyrite and organic sulfur sinks (Brüchert et al.,
2000). Relatively few RTMs of marine sediments have
incorporated sulfur isotopes (e.g. Goldhaber and Kaplan,
1980; Rudnicki et al., 2001; Wortmann et al., 2001) even
though the relevant theory was developed three decades
ago (Jørgensen, 1979). Because RTMs can account for dif-
ferential diffusion of isotopes, a common goal of these mod-
eling studies has been to determine the fractionation factor
(a) for dissimilatory SR. For reasons which are still unclear,
the fractionations, e( = 1000 � (a�1), derived using RTMs
(60–77& in the above studies) are more comparable to the
theoretical equilibrium isotope fractionations (�70–80&,
Farquhar et al., 2003) than to the values measured under
laboratory conditions (2–47&). Fractionation of sulfide
during sulfide oxidation (SOx) by Thiomargarita, Thioploca

or Beggiatoa has not been measured because these bacteria
have not yet been isolated and maintained in pure culture.
Experimental evidence suggests, however, that microbially-
mediated SOx is associated with a small normal (i.e. prefer-
ential dissimilation of the lighter isotope) fractionation
(e � 5&) (Fry et al., 1985, 1988). Therefore, in addition
to gaining an insight into the coupled C, N and S cycles
which cannot be achieved from visual interpretation of
the data alone, the present study provides also an estima-
tion of the fractionation during SR in Namibian shelf sed-
iments as well as a first estimation of sulfide fractionation
during oxidation by Thiomargarita at this site.

2. MATERIAL AND ANALYTICAL METHODS

2.1. Study area and oceanographic setting

The Namibian shelf lies in the eastern boundary current
system of the Southeast Atlantic where offshore trade winds
engender upwelling of South Atlantic Central Water
(SACW) and Eastern SACW along the coast (Bailey
et al., 1985; Chapman and Shannon, 1985; Mohrholz
et al., 2008). The bottom sediments lying parallel to the
shelf between 20.6 and 25.5oS (average water depth
�100 m) enclose �25,000 km2 of an organic-rich mud belt,
with an average thickness of 5 m and surpassing 15 m over
topographical depressions (Bremner, 1980). Sediment cores
were retrieved from Station 226680 (23�46.520S,
014�17.960E, 110 m water depth,) during RV Meteor cruise
M48-2 on 9th August 2000 (Emeis et al., 2002). The sam-
pling site is located within the mud belt, defined by Monte-
iro et al. (2005) as the mid-shelf area (�20–24�S) where
water depths are between 50 and 140 m. Inthorn et al.
(2006) reported that lateral (offshore) sediment transport
in nepheloid layers is an important mechanism for organic
carbon transport down the continental slope of the Bengu-
ela upwelling system. Towards the coast, lateral transport is
restricted, and organic matter input mainly occurs vertically
through deposition of fresh organic matter (Inthorn et al.,
2006). During summer, the hypoxic SACW lies over the
shelf and, in conjunction with high primary productivity
(average 217 mmol C m�2 d�1; Brüchert et al., 2006), the
bottom waters become anoxic. Chlorophyll a concentration
in the surface water may be as high as 30 mg m�3 (Barlow,
1982). At the time of sampling, the bottom water oxygen



1926 A.W. Dale et al. / Geochimica et Cosmochimica Acta 73 (2009) 1924–1944
concentration was <3 lM and hydrogen sulfide was below
detection limit (Emeis et al., 2002).

2.2. Sedimentology and stratigraphy

The surface sediments at site 226680 and throughout the
mud belt are diatomaceous oozes with low carbonate and ter-
rigenous fractions (Borchers et al., 2005). They are extremely
rich in labile POC with concentrations in excess of 15% dry
weight (Inthorn et al., 2006). Macrofauna were absent in
the topmost centimeters of the sediment core, yet some detri-
tus of gastropods, bivalve shells, and fish scales were present.
Based on the analysis of a gravity core (226670 SL-6) col-
lected at the same location, the sediment consisted of silty
clay to clayey silt, with both laminated and homogeneous
intervals of dark olive gray to light greenish olive color
(Emeis et al., 2002). The surface sediments in the upper
12 cm were unlaminated and very soft and soupy, with a
wet density of 1.1 g cm�3. Below this layer, laminations be-
came prominent to 120 cm depth, and then the sediment
was homogeneous and compact down to 142 cm. With
increasing depth the sediment became less compact and lam-
inations reappeared, being particularly prominent from 190
to 205 cm. The individual laminae were greenish and olive
in color with a thickness of 1–3 mm. The color of laminations
from 236 to 336 cm varied between light and dark. Observa-
tions of shell debris became more frequent below 215 cm
depth. Intact bivalve shells were found at 55 and 68 cm depth.

2.3. Sampling

Bottom water data on temperature, O2 and NO�3 con-
centrations were acquired with a SBE 911+ CTD
equipped with an oxygen optode sensor mounted with
a rosette sampler in a plastic-covered stainless steel
frame. The lowermost cast was generally 1 m above the
sediment. An Oktopus multicorer was used to obtain
undisturbed near-surface sediment down to 48 cm depth
and a gravity corer was used to collect a long sediment
core of 472 cm length. Part of the surface sediment was
lost during gravity coring and the geochemical concentra-
tion profiles measured in the two sediment cores were
superimposed to account for the loss of sediment
(�10 cm). The data in this study are plotted using this
corrected composite depth. Sediment from the multicore
tubes was subsampled in a nitrogen-filled glove bag in
1-cm intervals to a depth of 5 cm, and then in 2-cm inter-
vals to the bottom of the core. The sediment sections
were immediately placed into a Reeburgh-type pneumatic
pore water squeezer using nitrogen gas. About 20 ml of
the extracted pore water was filtered through a 0.2 lm
cellulose-nitrate filter and preserved with 5 ml of 5% zinc
acetate solution to precipitate dissolved sulfide as zinc
sulfide (ZnS). The squeezed sediment was stored frozen
at �20 �C until further analysis. The gravity core was
cut into 1 m sections which were capped at each end.
The sections were extruded with a piston in a nitrogen-
filled glove box and sub-sampled with cut-off 50 ml syrin-
ges. The pore water was squeezed sediment were treated
as described above until further analysis. For dissolved
methane, duplicate cut-off syringes with a volume of
3 cm3 were inserted into the sediment in the same depth
intervals and the contents were transferred to serum vials
containing 5 ml of 2.5% NaOH solution.

2.4. Porosity and sediment accumulation rates

The sediment density was determined from the weight
and volume of the dry sediment. Porosity was determined
from the dry sediment weight and water content without
salt correction after drying the samples at 80 �C for 48 h.
Sediment accumulation rates were determined from 210Pb-
activities using c-spectroscopy of freeze-dried ground sedi-
ment (Emeis et al., 2007).

2.5. Pore water chemical analyses

Dissolved sulfide was analyzed spectrophotometrically
on board following the method of Cline (1969) after appro-
priate dilution with double de-ionized water. Unless other-
wise stated, hydrogen sulfide in this article refers to the sum
of dissolved sulfide species and is reported as H2S. Dis-
solved sulfate (SO2�

4 ) was determined by ion chromatogra-
phy following the methods described in Brüchert et al.
(2003). Dissolved methane was analyzed from the head-
space of sediment slurries in the serum vials. Fifty microli-
ter from the headspace were injected into a HP 5890 gas
chromatograph equipped with an FID and a Poropak col-
umn following methods described in Fossing et al. (2000).

2.6. Intracellular nitrate concentration in Thiomargarita

Intracellular NO�3 concentrations of Thiomargarita cells
were determined by sectioning one 26 mm diameter sedi-
ment core into 1 cm sections down to a depth of 10 cm.
To avoid cell rupture, this core was not squeezed as de-
scribed above. NO�3 concentrations were determined from
cells of Thiomargarita picked from 0.5 ml of sediment with
a pasteur pipette. The cells were washed repeatedly with
double de-ionized water (DDIW), and then transferred to
250 ll of DDIW. Subsequent repeated freezing and thawing
aided cell rupture and NO�3 release. The NO�3 concentra-
tion was then determined by chemoluminescence using an
NO–NO2–NOx analyzer (Braman and Hendricks, 1989).
Measured intracellular NO�3 concentrations are reported
here as molar concentration units in pore water using the
average biovolume of Thiomargarita measured on 50–100
cells, the number of cells per ml sediment and the porosity.

2.7. Solid phase analyses

The sediment was freeze-dried, and approximately 5 mg
were weighed into zinc capsules and analyzed for total car-
bon, nitrogen, and sulfur concentrations on a Carlo Erba
NA 1500 elemental analyzer. A second batch of sediment
was weighed into silver cups before adding 3–5 drops of
1 N HCl to remove any calcium carbonate. The cups were
then oven-dried overnight and analyzed for their residual
carbon concentration, interpreted as organic carbon. Inor-
ganic carbon was subsequently determined by difference.



Table 1
Model boundary conditions at the sediment-water interface.
Solutes and solids are defined as fixed concentrations and fluxes,
respectively.

Solutes lM Solids lmol cm�2 y�1

32SO2�
4 27,150 G1 700

34SO2�
4 1246 G2 450

H2
32S 5.737 G3 160

H2
34S 0.262 Fe(OH)3-A 9.0

CH4 1.0 � 10�6 Fe(OH)3-B 0.1
NO�3 800� 32S0 0.0
Fe2+ 0.0 34S0 0.0
NHþ4 1.0 „NH4-ads 0.0
H2 1.0 � 10�4 „Fe-ads 0.0
RCO2 2000 Fe32S 0.0

Fe34S 0.0
Fe32S2 0.0
Fe34S2 0.0
Fe32,34S2 0.0
32Sorg 0.0
34Sorg 0.0

� Pore water normalized concentration.
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Reactive iron minerals were extracted from 100–300 mg
of frozen sediment for 1.5 h with sodium dithionite (0.5 g/
10 ml) buffered with 0.35 M acetate/0.2 M sodium citrate
to a pH of 4.8 (Kostka and Luther, 1994). The extract
was centrifuged and filtered. Total dissolved iron (50 ll
sample per 2 ml) was derivatized with a ferrozine solution
(1 g ferrozine per liter containing 12 g HEPES adjusted to
pH 7). Twenty milliliter of hydroxylamine hydrochloride
(10 g/100 ml) were added as a reducing agent. The solutions
were analyzed with a spectrophotometer at 562 nm (Stoo-
key, 1970).

Between 2 and 8 g of dried sediment was mixed three
times in an ultrasonic bath with 50 ml of methanol, and
the extracts were pooled and stored for elemental sulfur
analysis by HPLC. The residual sediment was placed in a
nitrogen-flushed flask, and after 15 min, 20 ml of 6 N HCl
were added to the flask to extract acid-volatile sulfide
(AVS) including easily reducible sulfides such as greigite.
Evolved hydrogen sulfide was flushed from the flask and
trapped in 10 ml of 0.1 N AgNO3. The extraction continued
until Ag2S precipitation in the trap ceased (�1 h). Subse-
quently, 12 ml of 1 M CrCl2 solution were added and the
solution was boiled for an hour to extract chromium-reduc-
ible sulfide (CRS). CrCl2 was prepared from CrCl3 by
reduction with elemental zinc pre-cleaned in 6 N HCl for
1 h. CRS was trapped as described above. Ag2S precipitates
from the AVS and CRS distillations were filtered, washed,
and dried. AVS and CRS concentrations were determined
gravimetrically. For mass balance calculations, AVS and
CRS were assumed to be equivalent to iron monosulfide
(FeS) and pyrite (FeS2), respectively.

2.8. Stable sulfur isotopes

The frozen pore waters were thawed and filtered through
0.2 lm cellulose nitrate filters in the laboratory. The filter
with the ZnS precipitate was carefully placed into a solution
containing 0.1 N AgNO3 and left overnight. The following
day, the filter with Ag2S was carefully removed from the solu-
tion and dried. The Ag2S was scraped from the filter and be-
tween 100 and 400 lg were weighed into tin capsules together
with a fivefold excess of V2O5. The filtered aliquot of the pore
water was placed in a beaker and acidified to pH 3 using 1 N
HCl and heated. Fifteen milliliter of 1 M BaCl2 solution was
added to the beaker. After 2 h the heated solution was cooled
and the BaSO4 precipitate was filtered through 0.2 lm cellu-
lose–nitrate filters. The stable sulfur isotope composition was
analyzed on a ThermoFinnigan Delta Plus isotope ratio mass
spectrometer coupled via a Conflo II to a Eurovector CNS
elemental analyzer. Isotope values are reported in the stan-
dard delta notation relative to Canyon Diablo Triolite
(CDT = 0.0450045). Replicate measurements of the
IAEAS2 Ag2S standards agreed within ±0.4& for runs in
the signal range between 0.4 and 5.1 V on mass 64.

2.9. Sulfate reduction rates

35S-sulfate reduction (SR) rates were determined with the
whole core incubation method of Jørgensen (1978) following
the procedures described in Brüchert et al. (2003). Two sub-
cores (26 mm) per station were injected at 1 cm intervals
through silicon-sealed holes with 2 ll 35SO2�

4 tracer
(80 kBq ml�1). Cores were incubated for 4 h in the dark at
bottom water temperature. The core was sliced in 1 cm seg-
ments and the sections mixed with 20 ml of 20% zinc acetate
solution and frozen. Bacterial SR rates were quantified by the
one-step acidic chromium reduction method (Fossing and
Jørgensen, 1989). Total reduced inorganic sulfur TRI35S
(Fe35S, 35S, Fe35S2, Zn35S) from the reduction of 35SO2�

4

was distilled off and the liberated H2
35S trapped in 10 ml zinc

acetate. 35SO2�
4 was separated from the sediment and the re-

duced sulfur compounds by centrifugation. TRI35S and
35SO2�

4 were counted on a Canberra-Packard 2400 TR liquid
scintillation counter (Packard Ultima Gold XR scintillation
fluid). Details of the method, blank correction, and the calcu-
lation of SR rates are described in Ferdelman et al. (1999).

All analytical data presented in this paper are supplied
in the electronic annex.

3. MODEL SET-UP

3.1. Material transport and boundary conditions

The model describes the dynamics of 10 solutes and 16
solids (Table 1). The one-dimensional mass-conservation
equation (Berner, 1980; Boudreau, 1997; Berg et al., 2003)
resolves the depth concentration profiles of solids and sol-
utes (C) along the vertical x axis with time:

ðnuþ qsð1� uÞjÞ @C
@t
¼ @

@x
ðnuðDS þ DM Þð

þqsð1� uÞDMjÞ @C
@x

�

� @

@x
ðf½um� þ qs½ð1� uÞm�jÞCð Þ

þ fuUðC0 � CÞ þ
X

r ð1Þ
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with f ¼ 1; j ¼ 0 if C is a solute

f ¼ 0; j ¼ 1 if C is a solid

f ¼ 1; j ¼ K if C is a solute which adsorbs

onto particles

In Eq. (1), t is time, qs is the dry sediment density, u is
the depth-dependent porosity, C0 is the solute concentra-
tion at the top of the core, DS is the in situ molecular diffu-
sion coefficient, DM is an additional depth-variable mixing
term (see below), v is the sediment burial velocity, U de-
scribes the non-local transport of NO�3 (see below), K is
the apparent adsorption coefficient (for ferrous iron,
Fe2+, and ammonium, NHþ4 ), and Rr is the sum of produc-
tion and consumption rates due to biogeochemical reac-
tions. The numerical solution of the coupled partial
differential equations was computed with the Biogeochemi-
cal Reaction Network Simulator (BRNS) (Aguilera et al.,
2005) until steady-state was reached (i.e. no temporal
change in concentration or rate at a given depth). Table 2
provides values for the physical parameters and variables
used in the model.

The measured porosity data show a rapid initial de-
crease down to �15 cm followed by a more attenuated de-
crease below this depth to the base of the core (Fig. 1a).
This behavior was described in the model using a double-
exponential formula assuming steady-state sediment
compaction:

u ¼ u0½ð1� pÞ expð�x=xpor1Þ þ p expð�x=xpor2Þ� ð2Þ

where u0 is the porosity at the sediment-water interface, p is
the partitioning coefficient between the two exponential
functions, and xpor1 and xpor2 are the depth attenuation
lengths of porosity. The parameter values (Table 2) were
adjusted in an iterative manner to give the best statistical
fit to the data (r2 = 0.77).
Table 2
Physical parameters and master variables used in the model.

Parameter Description Value Unit

z Water depth 110 m
T Bottom water temperature 286 K
S Bottom water salinity 35.5 –
pH Constant assumed pH 7.9 –
L Length of modeled sediment core 515 cm
u0 Porosity at sediment-water

interface
0.95 –

p Partitioning coefficient of modeled
porosity

0.89 –

xpor1 Porosity depth attenuation length 6.9 cm
xpor2 Porosity depth attenuation length 7385 cm
t Sedimentation velocity 0.34 cm y�1

qs Dry sediment density 1.42 g cm�3

D0
M Sediment mixing rate at surface 100 cm2 y�1

xmix Halving depth of sediment mixing
rate at surface

12 cm

xT Mixing attenuation length scale 1 cm
U0 Non-local mixing rate at surface

(for nitrate)
240 y�1

xU Non-local exchange length scale
(for nitrate)

5.13 cm
Dry sediment densities were calculated from the mea-
sured densities of the bulk sediment. The experimental data
show a high degree of variation (Fig. 1b) and a mean value
of 1.42 ± 0.46 g cm�3 was used in the model. This density is
considerably lower than the density of lithogenic material
(�2.5 g cm�3) due to the high content of less-dense diatom
opal and organic matter.

DS (cm2 y�1) for each solute was calculated from the
molecular diffusion coefficient in seawater (DW, cm2 y�1)
and the modeled porosity values (Boudreau, 1997; Schulz,
2000):

DS ¼
DW

1� lnu2
ð3Þ

Different diffusion coefficients were ascribed for the hea-
vy and light isotopes of SO2�

4 and H2S (Donahue et al.,
2008), which makes a small overall difference to the isotope
distributions and was included for completion.

Excess 210Pb data (210Pbxs, Fig. 1c) from 0 to 14 cm
depth visually indicate either physical reworking of the sur-
face sediment or discontinuous 210Pb initial activity and
particle source flux. Assuming the former, mixing due to
currents is probably more likely for this soupy organic-rich
sediment rather than bioturbation, which was presumably
absent because of bottom water anoxia. However, an iso-
lated mixing event due to, for example, storm action cannot
be unambiguously discounted. We are currently unable to
definitively explain the 210Pb data or the mode of surface
sediment transport and mixing, and this caveat will be ad-
dressed in more detail in Section 4.1. Surface mixing was
described using a depth-dependent rate function, DM

(cm2 y�1):

DM ¼
D0

M

2
erfc

x� xmix

xT

� �
ð4Þ

where D0
M is the mixing intensity at the sediment-water

interface, xmix is the depth where DM equals half of D0
M

and xT is the characteristic depth scale over which the mix-
ing decreases from full activity to zero. Fig. 1c shows sim-
ulation results for the 210Pbxs data using various mixing
intensities. The data allow a range of 10–200 cm2 y�1, and
100 cm2 y�1 was used for the baseline simulation.

The 210Pbxs data below 14 cm were used to quantify a
sediment burial velocity of 0.34 cm y�1 using a semi-loga-
rithmic transformation of ln(210Pbxs) activity versus depth
(Emeis et al., 2007) assuming that 210Pbxs is irreversibly par-
ticle bound. The derived value is of the same order as deter-
mined at other sites on the shelf and slope (�100 cm per
1000 y, Emeis et al., 2007).

A fundamental assumption in the model is that sulfide
oxidation (SOx) in the surface sediments was mediated by
Thiomargarita using NO�3 , as occurs elsewhere where large
sulfur bacteria are conspicuous (e.g. Fossing et al., 1995;
Preisler et al., 2007). The mechanism by which Thiomarga-

rita access the seawater NO�3 reservoir is unknown. Unlike
Thioploca and Beggiatoa, Thiomargarita are non-filamen-
tous and chemotaxis through the sediment has not been ob-
served. It has been postulated that NO�3 regeneration of the
cellular vacuoles occurs during sediment resuspension
events (Schulz et al., 1999), although in Section 4.1 we
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Fig. 2. Conceptual illustration of the main geochemical features at
site 226680. The fractionations constrained with the model (eSR and
eSOx) are indicated by ‘?’. Thiomargarita use sea water NO�3 to
oxidize H2S to SO2�

4 which, in turn, can be used to oxidize organic
carbon (G) or methane. A more detailed description of the reaction
network is provided in Table 3.
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question this hypothesis. To approach the NO�3 input path-
way objectively, we assumed no a priori knowledge of how
NO�3 is transported into the sediment. Our intention was
first to quantify the amount of NO�3 required to reproduce
the pore water H2S data, assuming that the H2S concentra-
tion in the surface layers is biogeochemically cycled mainly
through SR and SOx. The results are then evaluated in Sec-
tion 4.1 on the basis of the amount of NO�3 required. A
non-local source function (U) was used to describe the
NO�3 flux into the sediment:

U ¼ U0expðx=xUÞ ð5Þ

where U0 is the NO�3 exchange rate at x = 0, and xU is
the depth attenuation length of exchange. This function is
formally identical to that normally used to describe bioirri-
gation (solute exchange due to burrowing fauna) in 1D (e.g.
Van Cappellen and Wang, 1996). In this application, Eq.
(5) is not intended to represent bioirrigation because the
bottom waters are anoxic, and the non-local exchange ap-
plies to NO�3 only.

The boundary conditions at the sediment-water interface
(C0) were prescribed as fixed concentrations for solutes and
fixed fluxes for solid species (Table 1). Solute concentra-
tions were taken from the experimental data where possible.
For NO�3 , the upper boundary concentration (0.8 mM) was
based on measured NO�3 concentrations in Thiomargarita

and total cell numbers as described in Section 2.6. A
zero-gradient boundary condition (oC/ox = 0) was imposed
for all species at the bottom of the model domain
(x = 515 cm), so that transport through the lower boundary
occurred exclusively by burial.

3.2. Reaction network

A conceptual diagram highlighting the major geochem-
ical pathways and fractionations included in the model is
shown in Fig. 2. Full details of the reaction network and
rate expressions are provided in Table 3, and the corre-
sponding biogeochemical parameters are listed in Table 4.

Following the multi-G model of Westrich and Berner
(1984), POC deposited at the sediment-water interface
was assumed to be comprised of 3 reactive fractions (‘Gi’)
characterized by different first order rate constants, kGi; a
fast reacting labile pool (G1), a pool of intermediate reactiv-
ity (G2) and a slowly reacting refractive pool (G3). POC was
degraded by dissimilatory iron reduction (rFe), sulfate
reduction (rSR) and methanogenesis (rME). The relative rate
of each pathway was determined by a series of threshold
concentrations akin to half-saturation constants (Table 3)
and which follow Blackman kinetics (Van Cappellen and
Wang, 1996).

The reactivity of G1 and G2 were determined from the
measured rate of SR rather than from depth changes in
POC concentration (Section 4.1). The reactivity of G3,
which was mainly decomposed by methanogenesis, was
determined from the depth of free methane gas below
the sea floor (4–5 m), as indicated by acoustic profiling
(Emeis et al., 2004). Methane gas was produced when



Table 3
Reaction network and rate formulations included in the model. The sulfur concentration in the rate expressions corresponds to the total
concentration (i.e. ri = 32ri + 34ri). POC (‘Gi’) is assumed to consist of carbohydrate for mass balance calculations and also contains a fraction
of reduced nitrogen ((CH2O)1(NH3)21/200). Three POC pools are considered (i.e. POC = RGi = G1 + G2 + G3). Dissolved inorganic carbon
(DIC) species and alkalinity are not modeled explicitly, and for clarity the reactions are not proton balanced. DIC is reported as RCO2.

ri Reaction Rate expression

Kinetic processes

rFe POCþ 4FeðOHÞ3�A ! 4Fe2þ þ RCO2 þ 1
21

NHþ4 þ 10H2O kGi POC fFe

rSR POCþ 1
2
SO2�

4 ;! 1
2
H2Sþ RCO2 þ 1

21
NHþ4 kGi POC (1�fFe)fSO4

rME POC! 1
2
CH4 þ 1

2
RCO2 þ 1

21
NHþ4 kGi POC (1�SW SO4

)ð1� ðfFe þ ð1� fFeÞfSO4
ÞÞ

fFe = SWFe + (1-SWFe)[Fe(OH)3-A]/KFe

fSO4
=SW SO4

+(1-SW SO4
)[SO2�

4 ]/KSO4

SW Fe ¼j1 if ½FeðOHÞ3-A� > KFe

j0 if ½FeðOHÞ3-A� < KFe

SW SO4
¼j1 if ½SO2�

4 � > KSO4

j0 if ½SO2�
4 � < KSO4

rhySR SO2�
4 þ 4H2 ! H2Sþ 4H2O khySR [H2][SO2�

4 ]

rAOM CH4 þ SO2�
4 ! H2Sþ RCO2 þ 4H2O kAOM [CH4][SO2�

2 ]

rcSox 2Fe(OH)3-(A or B) +H2S+?S0+Fe2++6H2O kcSOx½FeðOHÞ3�ðA or BÞ�½H2S�0:5

rDi S0 þH2O! 3
4
H2Sþ 1

4
SO2�

4 kDi½S0�SW disp

SW disp ¼1 if ½H2S� < ½H2S��

0 if ½H2S� > ½H2S��

rFeSp Fe2++HS�?FeS kFeSpðXFeS � 1ÞSW FeS

rFeSd FeS?Fe2++HS� kFeSd½FeS�ð1� XFeSÞð1� SW FeSÞ

XFeS ¼ ð½Fe2þ�½HS��Þ=ð10�pHKFeSÞ

HS� ¼ ½H2S�=ð1þ 10�pHKH2SÞ

SW FeS ¼1 if ðXFeS � 1Þ > 1

0 if ðXFeS � 1Þ < 1

rFeS+H2S FeS+H2S?FeS2+H2 kFeSþH2S ½FeS�½H2S�

rFeS + S0 FeS + S0 ? FeS2 kFeSþS0 ½FeS�½S0�

rSorg (G1 + G2) + (H2S) ? ‘‘G–H2S” kSorg[G1+G2][H2S]
rSOx H2SþNO�3 þH2O! SO2�

4 þNHþ4 kSOx½NO�3 �½H2S�

rgas CH4(aq)?CH4(g) kgasð½CH4� � ½CH�4�ÞSW gas

SW gas ¼1 if ½CH4� � ½CH�4� > 1

0 if ½CH4� � ½CH�4� < 1

Equilibrium processes
rNH4ads NHþ4 $ BNHþ4 ½BNHþ4 � ¼ KNH4ads½NHþ4 �

rFeads Fe2þ $ BFe2þ BFe2þ ¼ KFeads½Fe2þ�
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the dissolved methane (CH4) concentration exceeded the
in situ solubility concentration (CH4

*; rgas, Table 3). Free
gas was not explicitly modeled. CH4 diffusing upwards
from depth was allowed to be consumed by anaerobic oxi-
dation of methane (AOM) according to a bimolecular
dependence on CH4 and SO2�
4 (rAOM, Van Cappellen

and Wang, 1996).
Denitrification was not considered because, although

NO�3 is modeled as a solute, it is assumed to be confined
within Thiomargarita cells and, therefore, not transported



Table 4
Biogeochemical parameters used in the baseline simulation. The source of the parameter values is indicated as follows: C, constrained with the
model using the measured data; L, based on literature values; I, independently determined from field data. The literature sources are indicated
in the table footnote.

Parameter Description Value Unit Source

kG1
Reactivity of POC pool G1 2.0 y�1 C

kG2
Reactivity of POC pool G2 0.03 y�1 C

kG3
Reactivity of POC pool G3 1.4 � 10�4 y�1 C

kAOM Rate constant for AOM 10000 M�1 y�1 L1

kcSOx Rate constant for chemical sulfide oxidation 0.1 � C
kDi Rate constant for S0 disproportionation 0.001 y�1 L2

kFeSp Rate constant for FeS precipitation 1.5�10�7 M y�1 L2,3

kFeSd Rate constant for FeS dissolution 0.001 y�1 L3

kFeS+S0 Rate constant for FeS2 precipitation with S0 10,000 mol�1 g y�1 L3

kFeS+H2S Rate constant for FeS2 precipitation with H2S 60,000 M�1 y�1 C
kSOx Rate constant for microbial sulfide oxidation by NO�3 1.0 � 107 M�1 y�1 C
kSorg Rate constant for sulfidization of organic matter 0.2 M�1 y�1 C
kgas Rate constant for CH4 gas formation 1.0 y�1 I
KSO4

Threshold concentration for SO2�
4 100 lM L1

KFe Threshold concentration for Fe(OH)3-A 2000 lmol g�1 C
KFeS Stability constant for FeS 0.0063 M L1

KFeads Fe2+ adsorption coefficient 400 – L1,4

KNH4ads NHþ4 adsorption coefficient 1.6 – L4

KH2S Acidity constant for H2S 2.48 � 10�7 – I
H2S* Threshold H2S concentration for disproportionation 10.0 mM I
CH4

* In situ CH4 solubility 18.0 mM I
eSR Rate-dependent fractionation factor (Eq. (20)) & C
mSR Steepness of variability of eSR with rate 1.5 mM�1 y C
eSR-max Maximum imposed value of eSR 100 & C
ecSOx Fractionation for chemical sulfide oxidation 5 & L5

eDiSO4 Fractionation for S0 disproportionation to SO2�
4 �20 & L6

eDiH2S Fractionation for S0 disproportionation to Y2S 7 & L6

eFeS Fractionation for FeS precipitation/dissolution 0 & L4

eFeS+S0 Fractionation for FeS2 precipitation with FeS and S0 0 & L7

eFeS+H2S Fractionation for FeS2 precipitation with FeS and H2S 0 & L7

eSorg Fractionation for sulfidization of POC 0 & L8

eSOx Fractionation for microbial sulfide oxidation with NO3
- 25 & C

� Rate constant unit = g (mol Fe)�1 L0.5 (mol H2S)0.5 y�1.
1 References: Van Cappellen and Wang (1996).
2 Jourabchi et al. (2005).
3 Meysman et al. (2003).
4 Berg et al. (2003).
5 Fry et al. (1988), Böttcher et al. (2001).
6 Canfield and Thamdrup (1994).
7 Price and Shieh (1979), Wilkin and Barnes (1996).
8 Werne et al. (2003).
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by molecular diffusion and unavailable for chemical reac-
tions other than SOx. In addition, denitrification in Thi-

oploca-bearing sediments has been shown previously to be
of minor importance (Thamdrup and Canfield, 1996).
The role of manganese oxide in POC mineralization
was also ignored because manganese is highly depleted
in Namibian sediments compared to the average shale
(Borchers et al., 2005). The dominance of POC mineral-
ization by SR (see Section 4.1) further justifies these
omissions.

The reaction mechanism of SOx is not fully understood
(rSOx, Table 3). The presence of intracellular S0 globules
suggests that oxidation may be a two-step process, as pro-
posed for Thioploca (Fossing et al., 1995; Otte et al., 1999;
Zopfi et al., 2001). However, SOx was initially described
with a bimolecular rate law with respect to H2S and NO�3
to produce SO2�

4 directly (Table 3). This assumption is re-
evaluated in Section 4.4.

Iron oxide minerals were modeled as a labile and a
refractory fraction based on observations by Borchers
et al. (2005), termed Fe(OH)3-A and Fe(OH)3-B, respectively
(Berg et al., 2003). The fluxes of these pools were deter-
mined by optimum model fit to the data. The labile fraction
was available for dissimilatory reduction (rFe) and reduc-
tion by H2S (rcSOx) (referred to as chemical sulfide oxida-
tion from here on) whereas Fe(OH)3-B was only available
for chemical sulfide oxidation. The latter process produces
S0 (Böttcher et al., 2001) and was described using the rate
expression determined experimentally by Poulton et al.
(2004).
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Adsorption of dissolved Fe2+ and NHþ4 onto sediment
particles was described as a reversible, linear equilibrium
reaction (rFeads, rNH4ads, Table 3). Siderite precipitation is
inhibited in the presence of H2S (Haese, 2000) and is not
considered in the model. Depending on the saturation state
of the pore fluid, Fe2+ was consumed or produced through
precipitation (rFeSp) and dissolution (rFeSd) of FeS, respec-
tively. A constant pH of 7.9, measured at a similar site on
the shelf, was imposed to calculate the FeS saturation index
(data not shown). At this pH, 5% of total H2S is present as
dissolved hydrogen sulfide gas.

Precipitation of FeS to pyrite (FeS2, rFesþH2S) via the H2S
pathway or with elemental sulfur (S0, rFeS+S0) (Rickard and
Luther, 2007) was formulated using bimolecular rate
expressions (e.g. Berg et al., 2003). S0 was also consumed
by disproportionation to SO2�

4 and total H2S (rDi). Thamd-
rup et al. (1993) reported thermodynamic inhibition of dis-
proportionation in Danish shelf sediments when total H2S
concentration exceeded >1 mM. In the mud belt, thermo-
dynamic calculations (not shown) suggest that it becomes
inhibited when total H2S >10 mM, and this threshold was
implemented in the model. This provides the microorgan-
isms with �10 kJ mol�1 of S0, which is similar to the pro-
posed minimum Gibbs energy threshold for anaerobic
microbial activity (Hoehler, 2004). Finally, diagenetic sulf-
idization of organic matter by H2S was included, using a
bimolecular rate law (rSorg) dependent on the concentration
of total H2S and reactive POC.
3.3. Sulfur isotope systematics

Isotope compositions in this study (Fig. 2) are expressed
in per mil (&) in the standard d notation relative to the
Canyon Diablo Triolite (CDT = 0.0450045):

d34S ¼
ð34S=32SÞsample

ð34S=32SÞVCDT

� 1

 !
� 1000 ð6Þ

where 32S and 34S are the concentrations of the light and
heavy isotope, respectively. In addition, the isotope differ-
ence between two sulfur compounds, SA and SB, is reported
as D34S:

D34S ¼ d34SA � d34SB ð7Þ

The simulation of d34S was achieved by modeling 32S and
34S as separate species:

32SA!
32K 32SB ð8Þ

34SA!
34K 34SB ð9Þ

where 32k and 34k are the corresponding rate constants.
Note that the isotope speciation of pyrite (FeS2) has three
components: Fe32S32S, Fe34S34S and Fe32S34S. These are re-
ferred to as Fe32S2, Fe34S2, and Fe32,34S2, respectively.

For normal kinetic isotope effects, the light isotope re-
acts faster than the heavy isotope. The opposite is true
for an inverse kinetic isotope effect. For a given reaction
where sulfur is a reactant species, the rate of reaction, ri

(Table 3), is the sum of the rates for the individual
isotopes:
ri ¼ 32ri þ 34ri ð10Þ
32ri ¼ 32ki

32S ð11Þ
34ri ¼ 34ki

34S ð12Þ

The ratio of the rate constants is equal to the fraction-
ation factor for that particular pathway (ai):

ai ¼
32k
34k

ð13Þ

Rearrangement of Eqs. (10)–(13) gives the specific rates of
isotope uptake:

32ri ¼ ri
ai

32S
34Sþ ai

32S
ð14Þ

34ri ¼ ri

34S
34Sþ ai

32S
ð15Þ

The same methodology was followed for all other
reactions involving sulfur. No fractionation (e = 0&)
was imposed for the precipitation of iron (Price and
Shieh, 1979; Wilkin and Barnes, 1996) and organic sul-
fides. A small fractionation of ecSOx = 5& (acSOx = 1.005)
was permitted for chemical sulfide oxidation (Böttcher
et al., 2001).

The model also considered the fractionation accompa-
nying disproportionation (rDi, Table 3). Four expressions
and two fractionation factors are required to describe the
rate of production of 32SO2�

4 (32rDiSO4
), 34SO2�

4 (34rDiSO4
),

H2
32S (32rDiH2S) and H2

34S (34rDiH2S):

32rDiSO4
¼ rDig

aDiSO4

32S0

32S0 þ aDiSO4
32S0

ð16Þ

34rDiSO4
¼ rDig

32S0

34S0 þ aDiSO4
32S0

ð17Þ

32rDiH2
S ¼ rDig

aDiH2S
32S0

34S0 þ aDiH2S
32S0

ð18Þ

32rDiH2
S ¼ rDig

34S0

34S0 þ aDiH2S
32S0

ð19Þ

where aDiSO4 (0.980) and aDiH2S (1.007) are the fraction-
ation factors for SO2�

4 and H2S production, respectively,
and g corresponds to the different stoichiometric coeffi-
cients for SO2�

4 and H2S products in the rate expression
(Table 3). These imposed fractionations (eDiSO4 = �20&

and eDiH2S = 7&) agree with those determined experimen-
tally by Canfield and Thamdrup (1994), and result in a pref-
erential depletion in 32S for SO2�

4 and enrichment in 32S for
H2S relative to S0.

The fractionations for SOx by Thiomargarita (eSOx) and
SR (eSR) were not specified a priori and were constrained
from the measured data (see Section 4.3). eSR applies to
rSR, rhySR and rAOM. Canfield (2001) observed an increase
in eSR with a decrease in SR rates. Accordingly, eSR was
made to be dependent on the rate of SR (mM y�1) using a
linear function:

eSR ¼ eSR-max � mSRri ð20Þ

where i = SR, hySR or AOM, mSR controls the steep-
ness of change of eSR with the rate, and eSR-max is the max-
imum fractionation (attained at the lowest SR rate).
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4. RESULTS AND DISCUSSION

4.1. Sediment geochemistry

Measured POC (RG) concentrations are not available in
the surface sediments but, based on the total carbon con-
centration (TC, Fig. 3a), probably decrease from around
10–11% dry sediment weight at the surface to �5% at the
base of the core (Fig. 3a). The high POC concentrations
are not unusual for the inner shelf (Inthorn et al., 2006)
and arise from a combination of factors which favor organ-
ic matter preservation, that is, high primary productivity,
shallow water depth (110 m) and anoxic bottom waters
(Brüchert et al., 2003; Borchers et al., 2005). The model
simulation of the POC data is satisfactory, with a mismatch
between the model and measured data immediately below
the mixed layer. On the other hand, the simulated mineral-
ization rates (Fig. 3b) show a good correspondence with the
measured SR rates within and below the mixed layer
(Fig. 3c). The model indicates that the surface POC is
mainly comprised of the G2 (4%) and G3 (6%) pools, with
G1 being <1% of the sediment dry weight (Fig. 3a). These
compare to the relative mineralization fluxes of 54% (G1),
35% (G2) and 11% (G3).

It is unfortunate that pore water metabolite concentra-
tions (e.g. RCO2, NHþ4 ) are not available to confirm the
down-core rates of carbon mineralization. As a system scale
confirmation, the model computes a depth-integrated RCO2

efflux rate from the sediment of �12 mol m�2 y�1, which is
of the same magnitude as that reported for Thioploca-bear-
ing sediments off Chile determined from bag incubations of
surface sediment (19–39 mol m�2 y�1; Thamdrup and Can-
field, 1996). Additionally, the model predicts a NHþ4 efflux
of 6.5 mol m�2 y�1, which compares to 2.5–5.1 mol
m�2 y�1 in Chile. This comparison, whilst not a rigorous
means of confirming the model output, provides some
confidence that the organic matter mineralization rates
are reasonable for this type of environment.

The measured rate of SR (21–100 mM y�1, Fig. 3c) at
site 226680 also compares well to similar areas (Ferdelman
et al., 1999; Thamdrup and Canfield, 1996; see also Section
4.2). The surface SR rate is markedly high for passive mar-
gin sediments where externally-impressed fluid advection is
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(TC), (b) rates of Gi remineralization (log scale), and (c) sulfate reduction
to be observed on the scale and is not shown. The horizontal lines indic
absent, and is driven by the reactive G1 pool (kG1
= 2 y�1)

which is completely oxidized within the mixed surface layer
(0–14 cm). Thamdrup and Canfield (1996) calculated simi-
lar carbon reactivity (2.5–4.5 y�1), with SR rates up to 6
times higher than those reported here. The less-reactive
G2 fraction is buried through the mixed layer and fuels
the exponential decrease in SR rate below 15 cm (Fig. 3c).
The G3 pool is relatively unreactive and decreases in con-
centration by only 2% over the modeled sediment column.
SR and methanogenesis account for 30% and 70% of G3

remineralization, respectively. Integrated over the whole
core, however, they are responsible for 96% and 4% of total
POC (RG) degradation, respectively.

Despite the high rates of bacterial SR, SO2�
4 penetrates

120 cm into the sediment where it is consumed by AOM
in the sulfate-methane transition zone (SMTZ, Fig. 4a
and b). The maximum AOM peak of 1.6 mM y�1 is a typ-
ical value for marine sediments dominated by diffusive
transport of methane to the SMTZ (e.g. Fossing et al.,
2000). The simulated methane concentration exceeds the
measured concentration at depth, which is explained by
degassing upon core retrieval to atmospheric pressure
(Fig. 4b). The model predicts that methane saturation at
the in situ temperature and pressure conditions is reached
at 480 cm (18 mM; Duan et al., 1992), which agrees with
observations made by acoustic profiling (Emeis et al.,
2004). Below this depth, the dissolved methane concentra-
tion is constant and further methane production feeds the
gaseous phase.

The geochemistry of H2S shows some remarkable fea-
tures which are characteristic of Namibian shelf sediments
inhabited by Thiomargarita (Brüchert et al., 2003). In the
upper 6 cm, H2S is present at low concentrations
(<0.1 mM, Fig. 4c), despite intense SR and anoxic bottom
waters (O2 < 3 lM). The model thus suggests that H2S dif-
fusing up from below the mixed layer is almost completely
consumed by Thiomargarita before it can escape the sedi-
ment. Brüchert et al. (2003) calculated a lower efficiency
of SOx (4–51%) elsewhere on the shelf which may indicate
that Thiomargarita are present in greater densities at site
226680 or are more efficient at oxidizing sulfide.

The modeled rate of SOx which is required to simu-
late the measured pore water H2S concentration is shown
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in Fig. 4d, along with the NO�3 estimated from Thiomar-

garita cell numbers and intracellular NO�3 concentrations.
The NO�3 profile is qualitatively and quantitatively com-
parable to that estimated for Thioploca-containing sedi-
ments on the Chilean shelf (Zopfi et al., 2001),
Beggiatoa mats in Eckernförde Bay (Preisler et al.,
2007) and at other sites on the Namibian shelf. This pro-
vides some indication that the NO�3 profile is representa-
tive of quasi-steady state. To reproduce the H2S
concentration just below the mixed zone (Fig. 4c), the
model requires that SOx occurs to 20 cm depth, even
though the observed Thiomargarita cell densities inferred
from the NO�3 concentration decrease rapidly in the top
10 cm (Fig. 4d). Filamentous Beggiatoa may be actively
enhancing NO�3 transport to the deeper layers at this site
through their chemotactic behavior, but their biomass is
much lower than Thiomargarita (Brüchert et al., 2006)
and such a deep migration depth is questionable. The
depth-integrated SOx rate and the sedimentary NO�3 pool
indicate a turnover time of only 2 days for NO�3 , which
compares to estimations of 4–50 days by Schulz and
Jørgensen (2001). Currently, the mechanism by which
Thiomargarita accesses the sea water nitrate is equivocal,
but the rapid removal of NO�3 demands an extremely
effective transport mechanism if the H2S data are charac-
teristic of steady state conditions and no H2S re-oxida-
tion has occurred during sampling.
It has been hypothesized that sediment resuspension al-
lows Thiomargarita to regenerate their NO�3 reservoir from
the sea water (Schulz and Jørgensen, 2001). The surface
sediments at this site have been described as ‘unusually
fluid’ (Schulz, 2002) and regular stirring of these layers by
currents may allow Thiomargarita to contact the sea water.
We were only able to create sufficient NO�3 penetration into
the sediment in the absence of additional non-local trans-
port (Eq. (5)) using a minimum mixing rate of
10,000 cm2 y�1 in Eq. (4) (data not shown); which is 40
times greater than typical in situ solute diffusion coeffi-
cients. It is difficult to imagine how such a strong mixing
of the upper 12–15 cm of sediment can be achieved on a
quasi-daily basis by current velocities which are only a
few cm s�1 at a height of 10 m above the sea floor (Mohr-
holz et al., 2008), whilst maintaining the geochemical gradi-
ents in the mixed layer. Furthermore, the deep location of
free gas (4 m) likely rules out sediment resuspension due
to mixing by protracted methane ebullition (Emeis et al.,
2004; Haeckel et al., 2007). Admittedly, the mixing dynam-
ics in the surface layer may be far more complex than can
be computed by a 1D model, and this calls for short-term
monitoring of the co-variance between sediment NO�3 and
H2S concentrations and resuspension events. Without more
information on the ecology of Thiomargarita and the abun-
dance of Beggiatoa at this site, a definitive interpretation of
the high NO�3 turnover rate is not possible.
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Accumulation of H2S to high concentrations at depth
(up to 15 mM) reflects the limited depositional flux and
authigenic production of oxidants such as iron oxide,
whose extremely low concentration (Fig. 4e) is exacerbated
by biosiliceous dilution (Borchers et al., 2005). The data are
best simulated using two iron oxide pools. Fe(OH)3-A de-
creases from 3 to 4 lmol g�1 at the sediment-water interface
and is depleted by 16 cm. Borchers et al. (2005) also noted a
very reactive iron oxide phase in dust originating from the
nearby Namib Desert. The less-reactive Fe(OH)3-B phase is
present at similar concentrations at the surface (4–
5 lmol g�1), but is poorly reactive over the entire sediment
column. An increase in iron oxide concentration is observed
below 400 cm, with maximum measured concentrations of
16 lmol g�1. This deep iron-rich layer, which presumably
originates from a geological change in depositional condi-
tions, appears to be slowly drawing down the H2S from
the SMTZ causing a slight concentration decrease with
depth (Fig. 4a). A much more pronounced H2S drawdown
occurs on the continental slope (Fossing et al., 2000), and
has been observed in deep anoxic basins (e.g. Lyons
et al., 2003; Jørgensen et al., 2004). However, the concen-
tration profiles of FeS and FeS2 (Fig. 4f and g) suggest that
precipitation of downward diffusing H2S to FeS2 is
insignificant.

FeS and FeS2 are mostly formed in the upper 15 cm
where the rate of iron oxide reduction is highest (Fig. 4f
and g). FeS is present at very low concentrations through-
out the core compared to other anoxic environments (e.g.
Wijsman et al., 2001), with a peak of 1 lmol g�1 below
the mixed zone which is not captured by the model. Wijs-
man et al. (2001) also observed a subsurface FeS peak in
Black Sea sediments at 2–5 cm depth, which was interpreted
as the depth of net FeS precipitation. Immediately below
this depth the concentration of pyrite increased (Wijsman
et al., 2001). In our model, however, FeS formation is rapid
in the surface layers, which leads to concomitant FeS2 pre-
cipitation (0.3% by weight). Borchers et al. (2005) also
noted that pyritization is limited by the concentration of
reactive iron in the mud belt and tends to be complete in
the surface layers. Rapid pyritization in the Namibian sed-
iments is probably favored by the mineral assemblage of
iron and the high concentrations of H2S and reactive
POC (Raiswell and Canfield, 1998). A gradual decrease in
measured FeS2 concentration can be perceived below the
mixed zone, which again may be indicative of a secular
change in iron depositional flux with time.

Authigenic organic sulfur (Sorg) constitutes a roughly
equal amount to sedimentary sulfur as FeS2 (Fig. 4h). Sim-
ilarly high concentrations of Sorg were observed on the
Namibian continental slope (Fossing et al., 2000; Brüchert
et al., 2000). Allochthonous sources of Sorg probably ac-
count for �1% of the POC mass and were not considered
in the model. Like FeS2, formation of Sorg is extremely ra-
pid at the surface. From the increase in Sorg in the top lay-
ers, a first-order POC reactivity of 1.4 � 10�4 y�1 can be
estimated, which is comparable to the value determined
for the Cariaco Basin sediments (Werne et al., 2000). The
decrease in SR rate below 50 cm depth (Fig. 3c) coincides
with the observed peak in measured Sorg concentration
(200 lmol g�1). These trends support the hypothesis of en-
hanced organic matter preservation through the formation
of organic sulfur compounds with labile organic carbon
(Sinninghe Damsté et al., 1989; Werne et al., 2004) and
may even suggest a degree of competition for labile carbon.
The subtle increase in Sorg below 200 cm depth is also note-
worthy because it contrasts with the decrease in FeS2 con-
centration. Sulfidization of organic matter thus apparently
continues at depth, albeit at much slower rates than in
the surface layers. This observation is consistent with the
low reactive iron concentration and supports the tenet that
organic sulfur formation can occur when the reactive iron
pool is depleted. Therefore, we may further hypothesize
that the increase in dithionite-extractable iron at depth rep-
resents iron fractions that do not compete kinetically with
functionalized organic compounds as a sink for H2S.

4.2. Sulfur and iron dynamics

The model-derived depth-integrated mass balance
(Fig. 5) shows that the SO2�

4 and H2S dynamics are inten-
sely dominated by SR and SOx. The model predicted SR
rate (6100 mmol m�2 y�1) is at the lower end of the range
reported by Brüchert et al. (2003) for the Namibian shelf
sediments (3–22 mol m�2 y�1), yet it is twice the average va-
lue for upwelling systems quoted by Canfield et al. (2005).
The H2S produced by SR is re-oxidized by Thiomargarita

back to SO2�
4 (6200 mmol m�2 y�1), which significantly re-

duces the H2S efflux to the water column (10 mmol m-2

y-1, Fig. 4c). Astonishingly, only 2–3% of SO2�
4 input to

the system occurs by transport across the sediment-water
interface (160 mmol m�2 y�1), with the remainder produced
in situ by Thiomargarita. More than 96% of the SO2�

4 is
used to mineralize POC and 4% (220 mmol m�2 y�1) dif-
fuses down to the SMTZ to be consumed by AOM. Thus,
the intense oxidation of POC through SR, in addition to
AOM, ultimately occurs with NO�3 as the primary oxidant.
Analogously, mass balance calculations for marine
sediments underlying oxic bottom waters show that up to
90% of the H2S produced is re-oxidized in situ at the ex-
pense of metal oxides and oxygen (Jørgensen, 1982).

A very different result is predicted if Thiomargarita

activity ceases, which was tested by setting the rate of
SOx to zero and allowing the model to return to steady-
state conditions. Without SOx (Fig. 6), SO2�

4 penetration
into the sediment dramatically decreases over time. After
100 years a new steady state is reached, and the depth of
SO2�

4 penetration has shifted upwards by about 100 cm,
making methane escape from the sediment a much more
likely scenario. The increased proximity of methane to the
sediment surface results from the higher fraction of the
G3 pool degraded by methanogenesis (92%) compared to
the baseline simulation (31%). The pathway of G1 and G2

mineralization remains largely unaltered under these new
conditions. The variable depth of free gas observed
throughout the mud belt (Emeis et al., 2004) could, there-
fore, be related to the efficiency of SO2�

4 production by Thi-

omargarita or biomass concentration.
A small fraction of H2S produced which is not oxidized

by Thiomargarita (1%) is buried as H2S, FeS2 and Sorg, with
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a negligible fraction oxidized to S0 through chemical sulfide
oxidation (Fig. 5a). Organic sulfur constitutes a greater
burial sink than FeS2 (46 versus 34 mmol m�2 y�1), but
note that the simulations for sedimentary sulfur diverge
from the measured data at depth (Fig. 4g and h). The sulfur
burial efficiency, defined as the ratio of the accumulation of
sedimentary sulfur to the integrated rate of SR, is extremely
low (<1%) due to the high rates of SR. Efficiencies of 10–
20% can be considered to be more typical for marine sedi-
ments (Burdige, 2006), and values in this range have been
calculated in deeper waters on the slope where SR rates
are more than 10-fold lower (Ferdelman et al., 1999; Brüc-
hert et al., 2000).

Labile iron oxide is completely reduced through dissim-
ilatory iron reduction (90 mmol m�2 y�1; Fig. 5b), yet this
0 10 20 30
Conc. (mM)

300

200

100

0

500

D
ep

th
 (c

m
)

0 y

SO4
2-

CH4

10 y
100 y

Fig. 6. Modeled evolution of the depth profiles of SO2�
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concentration after setting the rate of sulfide oxidation (rSOx) to
zero. Steady-state is achieved after approximately 100 y. The
horizontal line indicates the depth of the mixed zone.
is only a minor pathway of total POC degradation
(0.2%). Furthermore, chemical oxidation of refractive iron
(0.3 mmol m�2 y�1) is relatively trivial and most is buried.
The low rate of chemical sulfide oxidation greatly reduces
the potential for S0 production. Consequently, dispropor-
tionation is 4 orders-of-magnitude lower (0.15 mmol
m�2 y�1) than the rate of SR and SOx (Fig. 5a). Dispropor-
tionation is thermodynamically inhibited when H2S con-
centration exceeds 10 mM yet, in actuality, it is insensitive
to this threshold concentration because of the shortage of
oxidants. The potential for disproportionation is further
limited by the anoxic bottom waters which preclude re-oxi-
dation of reduced iron phases through sediment mixing.
These re-oxidation pathways can be important in biotur-
bated sediments (e.g. Burdige, 1993). For example, re-oxi-
dation of ferrous iron leads to integrated rates of iron
reduction in the Skagerrak (Van Cappellen and Wang,
1996), Arctic (Berg et al., 2003) and pelagic sediments (Jou-
rabchi et al., 2005) which are a factor of 3, 10 and 12 higher
than the rate of iron oxide deposition, respectively. Dispro-
portionation may have greater importance on the Nami-
bian slope where bottom waters are perennially oxic
(Brüchert et al., 2003).

4.3. Isotope dynamics

The isotope composition of SO2�
4 (d34SSO4) and H2S

(d34SH2S) at the study site (Fig. 7a) depend on their rate
of addition and removal and the instantaneous fractiona-
tions during reactions. d34SSO4 increases with depth due
to preferential removal of SO2�

4 , and shows an inflection
at 24 cm at which point the d34SSO4 gradient becomes shal-
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lower. At the base of the mixed layer, the modeled isotope
difference between SO2�

4 and H2S (D34S) reaches a maxi-
mum of 55&, and then decreases with depth. In contrast,
d34SH2S decreases sharply from around 1& immediately be-
low the sediment-water interface down to a minimum of
�24& at 18 cm and then increases with depth. The model
adequately captures these features by imposing a normal ki-
netic isotope effect for SOx (eSOx) by Thiomargarita of 25&

and a normal kinetic isotope effect for SR (eSR, Eq. (20))
shown as the thick gray line in Fig. 7a. Values of eSR-max

and mSR of 100& and 1.5 mM�1 y, respectively, are used
in the calculation of eSR, which increases from 45& at the
surface to 80& at 15 cm depth and to 100& at 30 cm depth.

Below the mixed layer, the baseline model shows a good
correspondence to the measured d34SSO4 and d34SH2S data
(Fig. 7a). Average measured values for d34SH2S and
d34SSO4 at depths >100 cm are 16.0& and 57&, respectively.
There is a notable decrease in d34SH2S beginning at around
40 cm which is not captured by the model and which also
coincides with an inflection in the H2S and SO2�

4 concentra-
tion data (Fig. 4a). We have no clear explanation for this fea-
ture, and cannot unambiguously rule out an episodic or an
isolated bioirrigation event. The highest model fractiona-
tions for SR are expressed (eSR = 100&) below the mixed
layer because here the rates are lowest (Fig. 3c). At 50 cm
depth (Fig. 7a), eSR is more than double the D34S values of
the measured data (40–50&). This is a clear illustration of
how differential diffusion of isotopes can engender a massive
underestimation of the in situ fractionation if e is simply
equated to the D value inferred from geochemical profiles
(i.e. assuming a closed system). Jørgensen (1979) and Chan-
ton et al. (1987) provide a full discussion on this topic which
will not be explored further here.

The model-derived fractionations eSOx and eSR-max, are
far higher than previous laboratory-based estimates for
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these processes. Laboratory culture experiments suggest
only small (e � <5&) fractionation during SOx by photo-
trophic bacteria (Fry et al., 1985, 1988), and one could ar-
gue that the data allow for a range of eSOx at the surface
(15–35&, Fig. 7b). Similarly, the maximum value observed
for eSR in pure bacterial cultures is 47& (Brüchert, 2004),
and our maximum value of 100& is 22& higher than the
theoretical maximum equilibrium isotope fractionation at
the in situ temperature (78&, Farquhar et al., 2003). In a
recent revision of the fractionation factors associated with
the multi-stepped reduction of SO2�

4 in sulfate reducing bac-
teria, Brunner and Bernasconi (2005) showed that preferen-
tial back-flow of heavy H2S to sulfite (SO2�

3 ), rather simple
expulsion of H2S from the cell, allowed fractionations
approaching these equilibrium values to be expressed. The
fact that our model-constrained value exceeds this maxi-
mum fractionation may indicate that the model is missing
a key process. As a qualitative sensitivity analysis, Fig. 7c
shows the simulation results with eSR-max values of 78&

and 120&, and illustrates that d34SSO4 and d34SH2S are
quite well constrained using eSR-max = 100&. Furthermore,
imposing the maximum experimentally-observed fraction-
ation of 47& for eSR-max completely fails to reproduce the
observational data (Fig. 7d).

It is likely that SOx by large sulfur bacteria also occurs
via intermediate chemical species (Dahl and Trüper, 1994).
Some authors (e.g. Fossing et al., 1995) have suggested that
globules of elemental sulfur (S0) in the cell’s cytoplasm rep-
resent the intermediate products of microbial sulfide oxida-
tion. Theoretically, multi-stepped SOx would allow for the
possibility of large fractionations in much the same way as
for SR, yet it has not been verified experimentally and the
metabolic details of the pathway remain to be fully investi-
gated. The unusually high fractionation for SOx derived
here is a primary new contribution of this study, but it
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should be noted that it is uncorroborated by independent
experimental data and subject to the assumption of the sin-
gle-step SOx pathway (rSOx, Table 3). The unusually high
fractionations used to simulate the d34SSO4 and d34SH2S

data clearly warrant further analysis, and a critical exami-
nation of the SOx pathway in the next section suggests that
much smaller values of eSOx are possible by assuming multi-
stepped SOx.

The measured solid phase distributions of d34SSorg,

d34SFeS and d34SFeS2 have minimum d34Svalues of �13&,
�21& and �27& at 24 cm, respectively (Fig. 7e), and sug-
gest an isotope discrimination by SR in the top layers of the
sediments of up to 48& relative to sea water SO2�

4 (21&).
Even higher values of up to 65& have been noted elsewhere
(Wijsman et al., 2001; Jørgensen et al., 2004). The model
does not capture these trends, and the simulated d34SSorg

and d34SFeS2 profiles are up to 30& lighter than the mea-
sured data, meaning that the actual amount of 34S in
FeS2 and Sorg is up to �30% higher than predicted by the
model. The modeled d34SFeS is identical to that for d34SH2S.

The measured isotope abundances are unusual for two
reasons. Firstly, FeS2 is the most depleted of the solid spe-
cies, which is indicative of fractionation during precipita-
tion. The model assumes no fractionation during sulfide
precipitation and the modeled d34S values of the authigenic
phases are determined by mixing of the substrate reservoirs
(Fossing and Jørgensen, 1990; Butler et al., 2004). The sec-
ond feature corresponds to the relative change in concen-
trations and isotope distributions of the solid phases with
depth. In the model, once sulfide precipitation is complete
at around 20 cm, the d34S value is retained as it is progres-
sively buried. FeS is an exception because it is a metastable
species and its d34S value resembles d34SH2S. The measured
data, in contrast, track the progressive enrichment of
d34SH2S, concomitant with slightly decreasing concentra-
tions (Fig. 4f and g). Down-core enrichment of FeS2 and
Sorg in 34S tends to be associated with sediments where dia-
genetic formation of sedimentary sulfur is ongoing (e.g.
Werne et al., 2003). Somewhat similar trends in d34SFeS2

have been observed previously (Goldhaber and Kaplan,
1980; Wijsman et al., 2001; Jørgensen et al., 2004). Curi-
ously, though, comparable isotope distributions at sites
with abundant organic sulfur (Brüchert, 1998) and large
sulfur bacteria (Zopfi et al., 2008) are absent, although
the depth of sediment analyzed in these two studies may
have been too shallow for the trends to materialize. Bacte-
ria are known to accelerate mineral diagenesis (Donald and
Southam, 1999), yet there are no obvious similarities or dif-
ferences between these sites which can definitively indicate
differential microbial alteration of the sulfide isotopes.
The unusual parallel trends of the d34S profiles thus require
an alternative explanation.

A hypothesis that could satisfy both the parallel iso-
tope depth profiles and the relative isotope values relies
on the idea of isotope exchange between H2S and the so-
lid phases. Exchange of sulfur between H2S and FeS and
S0 through solubility-driven dissolution is relatively rapid
(Fossing and Jørgensen, 1990). Yet, FeS2 is only very
sparingly soluble and likely does not exchange atoms
with the surrounding porewater under typical marine
conditions (Fossing and Jørgensen, 1990). Instead, we
suggest that the extracted sulfur fractions (FeS, FeS2,
Sorg) contain inert non-exchangeable sulfur and a portion
of sulfur compounds associated with external mineral
layers which can exchange sulfur from the ambient H2S
pool. Our reasoning relies on the fact that chemical
extractions of sulfur compounds integrate mineralogically
and compositionally distinct fractions (Brüchert and
Pratt, 1996). For example, FeS2 is most likely a compos-
ite of well-crystallized euhedral and framboidal pyrite,
which are isotopically inhomogeneous (Morse, 1991;
Canfield et al., 1992). Similar arguments apply to the
acidic extraction of FeS (AVS), which is comprised of
dissolved and solid sulfur complexes and mineral phases
(Rickard and Morse, 2005).

To test this hypothesis in a theoretical context, we con-
ducted a series of additional model simulations where the
precipitation of the solid sulfur phase was accompanied
by the co-precipitation of an exchangeable fraction follow-
ing the same kinetics as in the baseline model. The total
mass of the exchangeable and non-exchangeable fractions
is equal to the total concentration of that phase, as before.
The novel aspect of the new simulations is that the
exchangeable fraction can reach isotope exchange equilib-
rium with the dissolved sulfide. Thus, by allowing exchange
between discrete fractions of the solid rather than the entire
pool, the heterogeneity in mineral structure was partially
accounted for. The following equation describes the reac-
tion taking place:

32S�X:fex þH2
34S() 34S�X:fex þH2

32S ð21Þ

where 32S�X and 34S�X are the total number of moles of
32S and 34S in compound X (FeS, FeS2, Sorg), and fex is
the exchangeable fraction of the whole solid phase. This ap-
proach excludes the effects of changes in mineral composi-
tion and ageing with depth below the mixed layer after
authigenic sulfur formation has ceased. A small fraction-
ation factor during isotope exchange was imposed
(e = 1.0&) (Price and Shieh, 1979; Wilkin and Barnes,
1996). fex is an adjustable model parameter which was var-
ied until the best fit between the observations and model re-
sults was obtained, based on minimizing the root mean
square error (RMSE(fex)):

RMSEðfexÞ ¼

ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiP
n
ð34dobs � 34dmodÞ

n

s
ð22Þ

where 34dobs and 34dmod are the observed and modeled val-
ues of 34dX, respectively, and n is the number of paired data
points. The baseline simulation was then re-run with the
new exchange reactions. The results are shown in Fig. 8a
for 34dFeS2 and 34dSorg, which are obtained using a best fit
fex value of 0.7. The inset in Fig. 8a shows that the values
of fex giving similarly good fits to the data lie between 0.6
and 0.8, which means that 60–80% of the solid phase data
undergoes exchange with dissolved sulfide from the pore
water.

Although an exact fit to the data is not obtained, it is
clear that the inclusion of an exchangeable fraction in the
model provides a remarkably better simulation of the gen-
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eral trends in the measured data. The corresponding pro-
files for d34SSO4 and d34SH2S (Fig. 8b) remain essentially
the same as before (Fig. 7a), presumably because of the
small amount of the total solute pool which is exchanged
(�lM) and the smoothing of the H2S concentration pro-
files by transport processes. Isotope exchange with the dis-
solved and solid phases, if occurring, is thus insufficient to
explain the large model-derived eSR values.

The presence of 34S-enriched (e.g. 0.0& vs. CDT, Be-
ier and Hayes, 1989) and 34S-depleted pyrite (�48.2& vs.
CDT) is known to be preserved in the ancient rock re-
cord (Ripley et al., 1990). Yet, significant diagenetic over-
print of the solid phases would compromise the
traditional interpretation of past benthic conditions and
the long-term sedimentary d34SFeS2 record. At this site,
the isotopic composition of buried sulfur is �5 &. Such
heavy values are generally viewed as igneous or hydro-
thermal in origin (Ohmoto and Goldhaber, 1997). Alter-
natively, Jørgensen et al. (2004) explain the presence of
heavy pyrite in recent Black Sea sediments as the trap-
ping of heavy dissolved sulfide into reactive iron layers
below the zone of sulfate reduction. Black Sea sediments
are unusual because the diagenetic alteration of iron min-
eral phases is an ongoing non-steady state effect originat-
ing from the increase in seawater salinity since the last
glacial period. In this regard, the observation that the
sediments become laminated below the mixed layer down
to 120 cm at the present site may be significant (see Sec-
tion 2.2). The laminations indicate that changes in sedi-
ment and bottom water geochemistry have occurred in
the past, possibly resulting in 34S-enrichment of sulfides
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Fig. 8. Re-run of the baseline simulation with the inclusion of a
fraction of the solid phase, fex, which reaches isotopic equilibrium
with H2S (Eq. (21)). (a) measured (symbols) and modeled (lines)
sulfur isotopic compositions of total FeS2 and Sorg, (b) measured
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4

and H2S. The thick gray line in (b) shows the rate-dependent
fractionation for sulfate reduction (eSR). The model lines in (a) are
almost superimposed and the inset shows the RMSE(fex) of the
model fit to the data for different values of fex (Eq. (22)). The top
50 cm of sediment are enlarged in the upper panels, where the
horizontal lines indicate the depth of the mixed zone.
due to a more restricted sulfate cycle (Jørgensen et al.,
2004). The trigger for lamination is not known, and
could be linked to a secular change in the anaerobic/dys-
aerobic state of the water column due to changes in pri-
mary productivity (Brüchert et al., 2000) or shelf
circulation (Mohrholz et al., 2008). At this point, the rel-
ative interplay between long term changes in depositional
conditions or biogeochemical isotope exchange phenom-
ena is unclear, and our revised model simulations simply
support a hypothetical scenario. Historic mass accumula-
tion rates are required to help reconcile our analysis and
provide further insight into the sedimentary sulfur geo-
chemistry in Namibian shelf sediments.

4.4. Can multi-stepped sulfide oxidation and

disproportionation explain the isotope distributions?

From the measured distributions of d34SH2S and d34SSO4,
a maximum fractionation for SR of around 100 & was con-
strained with the model; more than double the maximum
laboratory measured value of 47& and, to our knowledge,
the highest value yet to be reported for sulfate reduction.
Disproportionation (rDi, Table 3) of sulfur compounds with
an oxidation state intermediate between H2S and SO2�

4 (e.g.
S0) is routinely proposed to explain apparent fractionations
which are above 47& (Habicht and Canfield, 2001; Jørgen-
sen et al., 2004). The general paradigm is founded on exper-
iments (e.g. Canfield and Thamdrup, 1994) during which
the H2S produced by disproportionation is strongly de-
pleted in 34S and the SO2�

4 produced is correspondingly en-
riched in 34S. Repeated cycles of H2S re-oxidation back to
S0, followed by disproportionation of S0 to H2S and
SO2�

4 , can ultimately lead to H2S which is strongly depleted
in 34S. However, we reject this classical disproportionation
hypothesis for site 226680 because, as mentioned previ-
ously, (i) there is a lack of allochthonous iron and manga-
nese oxide in the sediment, (ii) there is reduced capacity for
authigenic ferric iron precipitation due to bottom water col-
umn anoxia, and (iii) the rates of SR and SOx are orders-of-
magnitude higher than the depositional iron oxide fluxes
and exert a dominant control on the pore water profiles.
Further model simulations (not shown) reveal that dispro-
portionation has a negligible effect on the d34S profiles even
when all the iron oxide is chemically reduced by H2S to pro-
duce S0.

Other authors have also discounted the disproportion-
ation argument for different reasons. Rudnicki et al.
(2001) and Wortmann et al. (2001) reported model-derived
fractionation factors for SR of 77 ± 7& and 65&, respec-
tively. Rudnicki et al. (2001) attributed the high fractiona-
tions to low cell specific rates, reflecting increased
substrate recalcitrance (Canfield, 2001). However, their
rates were up to �105 times lower than those reported here,
which invalidates a similar interpretation of our data. Con-
versely, Wortmann et al. (2001) hypothesized that their
data reflect the physiological trait of a hitherto uncultured
sulfate reducing bacteria. Elaborating even further, Werne
et al. (2003) ascribed high fractionations in Cariaco Basin
sediments (65&) to the activity of an unknown microbe
carrying out an unknown pathway. Whilst we cannot rule
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Fig. 9. Measured (symbols) and modeled (lines) sulfur isotope
compositions and fractionations. (a) Baseline simulation results
reproduced from Fig. 7(a) with eSR-max = 100& and eSOx = 25&,
(b) as baseline with eSR-max = 78& and eSOx = 5&, yet now
assuming that sulfide oxidation occurs via an intermediate (S0)
which is subsequently disproportionated (Eqs. (27)–(29)). The thick
gray lines show the different rate-dependent fractionation for
sulfate reduction (eSR) imposed in each case, and the horizontal
lines indicate the depth of the mixed zone.
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out these last two hypotheses for site 226680, they are not
supported by empirical data.

An alternative pathway does exist which may permit
authigenic iron oxide synthesis, and thus S0 synthesis, in
the absence of dissolved oxygen and manganese oxides.
Geochemical profiles measured in sediment cores indicate
that denitrification can be coupled to ferrous iron oxidation
(Froelich et al., 1979; Straub et al., 1996):

10Fe2þ þ 2NO�3 þ 24H2O

! 10FeðOHÞ3 þN2 þ 18Hþ ð23Þ

This reaction was not included in the model because NO�3
was assumed to be confined within Thiomargarita cells. How-
ever, re-running the baseline simulation including this reaction
revealed no observable change to the d34SH2S and d34SSO4 dis-
tributions (data not shown). This finding does not unambigu-
ously rule out this reaction as the cause for the large D34S
because the biodiversity and microbial activity at this site
has not been fully assayed. Instead, it supports the dominance
of SR and SOx on the isotope profiles and, if denitrifying iron-
oxidizing bacteria are present, then their overall impact on the
sulfur geochemistry at this site is probably minor.

In a final application of the model, the assumption that
SOx occurs as a single oxidation step is examined in more
detail. We originally assumed that S0 is a reactive interme-
diate in the oxidation of H2S, which allowed SOx to be de-
scribed as the sum of the two individual nitrate-using steps
through the single step reaction (Eq. (26)):

1
4
NO�3 þH2Sþ 1

2
Hþ ! S0 þ 1

4
NHþ4 þ 3

4
H2O ð24Þ

3
4
NO�3 þ S0 þ 7

4
H2O ! SO2�

4 þ 3
4
NHþ4 þ 1

2
Hþ ð25Þ

Net : H2SþNO�3 þH2O ! SO2�
4 þNHþ4 ð26Þ

However, instead of being completely oxidized, S0 may
be disproportionated within the cell, giving the same net
reaction:

NO�3 þ 4H2Sþ 2Hþ ! 4S0 þNHþ4 þ 3H2O ð27Þ
4S0 þ 4H2O ! 3H2Sþ SO2�

4 þ 2Hþ ð28Þ
Net : H2SþNO�3 þH2O ! SO2�

4 þNHþ4 ð29Þ

The main difference between these pathways is that the
disproportionation step (Eq. (28)) occurs with large and
opposite fractionations in H2S and SO2�

4 , whereas fraction-
ation of S0 during oxidation (Eq. (25)) is implicitly included
in the value of eSOx. The baseline model was subsequently
modified to include Eqs. (27) and (28) as separate reactions,
and the S0 was allowed to disproportionate as before using
the same value for the rate constant as a first approxima-
tion (rDi, Table 3). The optimal model solution to the
d34SH2S and d34SSO4 profiles is shown in Fig. 9b and reveals
a similar simulation of the data as for the baseline simula-
tion (Fig. 9a). Two additional modifications were made to
the model to achieve this fit; (i) the maximum fractionation
for SR (eSR-max) was reduced from 100 to 78& (gray line in
Fig. 9b), which is equal to the equilibrium fractionation be-
tween H2S and SO2�

4 at the in situ temperature (Farquhar
et al., 2003), and (ii) the fractionation for SOx (eSOx) was
reduced from 25& to 5&, which is in agreement with lab-
oratory measurements on sulfide-oxidizing bacteria (Fry
et al., 1985, 1988). Note that the enrichment of d34SH2S at
the surface now occurs because of the opposing fraction-
ation in H2S and SO2�

4 during disproportionation rather
than SOx, and a 5& value for eSOx is imposed because it
produces a slightly better fit to the data than eSOx = 0&.

This finding supports the idea that multi-stepped sulfide
oxidation and disproportionation by Thiomargarita could
be occurring at this site. Yet, because Thiomargarita has
not been cultured experimentally, a definitive biogeochem-
ical explanation which can be corroborated by empirical
evidence is still lacking. It should also be remembered that
the anomaly in the d34SH2S, H2S and SO2�

4 data at 40 cm
mentioned previously is unexplained and may be signifi-
cant. On the other hand, the appearance of laminations
down to 120 cm probably has less effect on the pore water
isotope distributions since the time scale for diffusion to this
depth (�100 y) is much less than the time for burial
(�1000 y), implying that the solutes are in steady state.
At this stage, it is worth remarking that anoxygenic photo-
trophic sulfide oxidation and S0 disproportionation occur
through very similar pathways and share a number of reac-
tions, enzymes and intermediates including S0 (Dahl and
Trüper, 1994). In fact, the phototrophic sulfide oxidizer
Chlorobium spp. can switch to the disproportionation path-
way under conditions of low CO2 concentration (Canfield
et al., 2005). Detailed biochemical characterization of Thi-

omargarita and additional confirmation of the model
against data collected at other sites in the mud belt will help
to separate true microbial isotope fingerprints from possible
model and analytical artifacts.
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5. CONCLUSIONS

A reaction-transport model is applied to explore the
interplay between the coupled C, N and S cycles at station
226680 in the Namibian mud belt. The sediment is hyper-
sulfidic and is populated in the surface layers by the
non-motile and non-filamentous bacteria Thiomargarita

namibiensis, which thrives by oxidizing sulfide (H2S) with
internally-stored nitrate (NO�3 ). The key features of the
study include an explicit model representation of stable
sulfur isotope (32S, 34S) distributions which include sedi-
mentary sulfides, and the incorporation of elemental sulfur
disproportionation to isotopically distinct SO2�

4 and H2S
reaction products. The model simulation results are con-
firmed against an extensive geochemical data set including
32S and 34S relative abundances and the microbial NO�3
content in the sediment estimated from Thiomargarita cell
numbers and intracellular NO�3 concentration.

The salient result from the modeling is that the sulfur cy-
cle is completely dominated by coupled organoclastic sul-
fate reduction and microbial sulfide oxidation back to
SO2�

4 by Thiomargarita. Furthermore, the oxidative-reduc-
tive sulfur cycle is almost entirely sustained by NO�3 which
is ultimately derived from the sea water. The presence of
Thiomargarita has a broader indirect impact on the geo-
chemistry at this site, because in situ SO2�

4 production
pushes the sulfate-methane transition zone deeper into the
sediment and helps prevent significant methane accumula-
tion close to the sediment-water interface. The common be-
lief that Thiomargarita access the sea water NO�3 reservoir
by resuspension of surface sediments induced by methane
ebullition or bottom water currents is questionable at the
present site and requires additional experimental
verification.

The vertical isotope distributions allow key fractiona-
tions of the sulfur cycle to be extracted with the model
including, for the first time, sulfide fractionation by Thi-

omargarita. As with previous modeling studies and for
reasons which are still unclear at this stage, the model-de-
rived fractionations for sulfate reduction are anomalously
high compared to laboratory-based estimates. They do
support, however, the recent paradigm of Brunner and
Bernasconi (2005) and Johnston et al. (2007), in that sul-
fate reducing bacteria may fractionate in situ at values
much closer to the equilibrium fractionation value than
bacteria studied in the laboratory. The data also reveal
a complex alteration of the isotope distribution in the so-
lid sulfur phases during burial which is not easily recon-
ciled from our current understanding of sedimentary
sulfur geochemistry. A definitive explanation of these
trends is not possible from the available data, and the
role of isotope exchange with the dissolved sulfide pool
remains an open question. However, a diagenetic over-
print of the solid phases due to isotope exchange would
compromise the current interpretation of the long-term
sedimentary isotope record based on past benthic condi-
tions. Reconciling this discrepancy is critical for a better
interpretation of the historical sedimentary sulfur isotope
record.
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Brüchert V. (1998) Early diagenesis of sulfur in estuarine sed-
iments: the role of sedimentary humic and fulvic acids.
Geochim. Cosmochim. Acta 62, 1567–1586.
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Brüchert V. and Pratt L. M. (1996) Contemporaneous early
diagenetic formation of organic and inorganic sulfur in
estuarine sediments from St. Andrew Bay, Florida, USA.
Geochim. Cosmochim. Acta 60, 2325–2332.
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