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Abstract Calcium carbonate (CaCO3) dissolution plays a key role in the marine carbon and alkalinity
cycles and the regulation of atmospheric CO2 levels across geological time scales. Until now, most attention has
focused on dissolution in the deep sea, while dissolution in coastal and shelf environments remains poorly
constrained. Here, we present a synthesis of CaCO3 dissolution rates in sediments of coastal and shelf
environments and integrate them into an updated global marine CaCO3 budget. The highest areal dissolution
rates occur in coral reefs and lagoons, and in seagrass‐dominated banks and bays, as these sediments combine
high amounts of soluble high‐magnesium calcite with deep oxygen penetration and high organic matter input
that facilitate dissolution. Nevertheless, carbonate‐poor shelves contribute as much (∼45%) as coral reefs and
lagoons to global coastal and shelf carbonate dissolution. Total coastal and shelf dissolution is estimated at
11 ± 9 Tmol yr− 1 and thus provides ∼8% of the total CaCO3 dissolution in the ocean. Combining these
dissolution rates with published estimates of production, terrestrial input, and burial, mass balance closure
requires an off‐shelf lateral export of ∼15 Tmol CaCO3 yr

− 1. Although this estimate carries large uncertainty
(>100%), it suggests that a significant fraction of the CaCO3 produced on the shelf is transferred from a short‐
term climate buffer in the shelf seafloor to a long‐term climate buffer in the deep‐sea seafloor.

Plain Language Summary Calcium carbonate is an abundant mineral in the ocean and is formed by
corals and shell‐forming organisms. While calcium carbonate formation releases CO2 from the ocean to the
atmosphere, its dissolution captures CO2. The balance between formation and dissolution influences the ocean's
alkalinity cycle and hence regulates the climate via atmospheric CO2 buffering.While most studies have focused
on dissolution in the deep ocean, we show that shallow coastal and continental shelf areas also play an important
role. We combined published data to estimate how much calcium carbonate dissolves in coastal and shelf
environments. Our results show that carbonate dissolution in shallow environments represents a considerable
fraction of the carbonate dissolution in the global ocean. We also suggest that a fraction of the shelf calcium
carbonate is carried off the shelf toward the deep sea, where it becomes part of the long‐term carbonate cycle.

1. Introduction
In recent years, the ocean has received growing attention in the context of carbon dioxide removal (CDR) owing
to its large CO2 storage potential (Friedlingstein et al., 2025; Oschlies et al., 2023). One of the proposed CDR
methods is ocean alkalinity enhancement (OAE), which targets a deliberate addition of alkalinity (AT) levels to
surface waters, thereby increasing the oceanic uptake of atmospheric CO2 (Oschlies et al., 2023; Renforth &
Henderson, 2017). This recent attention for OAE has also revived an interest in the AT budget of the ocean, as
OAE applications could modulate the various natural processes that produce and consumeAT (Bach, 2024; van de
Velde et al., 2026). One key part of the ocean alkalinity budget is the internal cycling of calcium carbonate
(CaCO3), which is formed by planktonic or benthic calcifying organisms in surface waters, and dissolves again in
either the water column or the sediment (Middelburg et al., 2020; Milliman & Droxler, 1996; Zeebe & Wolf‐
Gladrow, 2001). The precipitation of 1 mol of CaCO3 consumes 2 mol of AT, whereas dissolution produces 2 mol
of AT per 1 mol of CaCO3.

Ca2+ + 2HCO−
3 ↔CaCO3 + CO2 + H2O (1)
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Key Points:
• Carbonate‐poor shelf dissolution

(5 ± 9 Tmol per year) might be com-
parable to dissolution in coral reefs and
lagoons (5 ± 1 Tmol per year)

• An important fraction of the shelf
carbonate is likely transported from the
coastal zone to the deep sea via cross‐
shelf export

• An apparent missing source of
∼11 Tmol per year in the global
carbonate budget (shelf + deep ocean)
likely results from rate uncertainties
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Calcium carbonate occurs in the polymorphic forms aragonite and calcite, and calcite can be further classified as
low‐ or high‐magnesium calcite, depending on how much MgCO3 is incorporated in its structure (Haese
et al., 2014). A key factor determining precipitation or dissolution is the CaCO3 saturation state of seawater,
which primarily depends on the concentration of CO3

2‐, as the concentration of Ca2+ in seawater is high and hence
less variable across space and time (Zeebe & Wolf‐Gladrow, 2001). Surface waters are generally oversaturated
with respect to the CaCO3 mineral forms and thus precipitation is thermodynamically favored over dissolution
(Kleypas, 2011; Morse &Mackenzie, 1990). In deeper waters, however, the solubility of CaCO3 increases due to
an increase in pressure and a decrease in temperature (Millero, 2007). Additionally, aerobic mineralization of
organic matter produces CO2, which reduces the pH and carbonate ion concentration in seawater (Boudreau
et al., 2018). Therefore, when CaCO3 minerals descend into deeper waters, the saturation state decreases to unity
at a given water depth, called the (aragonite or calcite) saturation horizon. Below this horizon, seawater becomes
undersaturated, and CaCO3 minerals start to dissolve in the water column and sediment (Ridgwell &
Zeebe, 2005). The dynamic balance between carbonate precipitation and dissolution in oceans and sediments
forms a natural negative feedback mechanism, termed “carbonate compensation,” which regulates atmospheric
CO2 levels on millennial timescales (Archer, 1996; Sarmiento & Gruber, 2006).

Above the saturation horizon, undersaturation can occur in specific environments, such as degrading particle
aggregates in the water column or the pore water of sediments. These environments typically have limited ex-
change with their surrounding waters, allowing the CO2 from aerobic mineralization to build up until under-
saturation is achieved and CaCO3 minerals start to dissolve (Dean et al., 2024; Morse &Mackenzie, 1990; Subhas
et al., 2022; Sulpis et al., 2021). This process is referred to as metabolic carbonate dissolution:

CaCO3 + CH2O + O2 → Ca2+ + 2HCO−
3 (2)

Although coastal and shelf sediments are positioned far above the saturation horizon, recent studies have shown
that CaCO3 dissolution in shallow marine sediments increases with decreasing saturation state (Eyre et al., 2018;
Lunstrum & Berelson, 2022). Coastal and shelf sediments are also subject to high rates of advection, either via
advective flow induced by currents (Huettel & Rusch, 2000; Riedl et al., 1972; Webb & Theodor, 1968) or by bio‐
irrigation induced by benthic fauna (Aller & Yingst, 1985; Gust & Harrison, 1981; Huettel & Gust, 1992).
Consequently, any changes in the water column are rapidly transferred to the pore waters on a timescale of days to
years. Coastal and shelf environments are shallow and generally have well‐mixed water columns, and so, they
equilibrate far more rapidly with the atmosphere than deep‐sea sediments. Hence, coastal and shelf sedimentary
CaCO3 dissolution may respond more rapidly to ocean acidification and changes in saturation state and could help
buffer atmospheric CO2 change on a timescale of years to decades (i.e., relevant to the current climate challenge;
Eyre et al., 2014; van de Velde et al., 2026).

In global carbonate budgets, however, CaCO3 dissolution is often calculated as the difference between production
and accumulation/burial, rather than directly from observational dissolution data (Iglesias‐Rodriguez et al., 2002;
Milliman, 1993;Milliman&Droxler, 1996; Schneider&Schulz, 2016; Smith&Mackenzie, 2016;Wollast, 1994).
This approach induces substantial uncertainties in coastal and shelf seafloor CaCO3 dissolution rates and poten-
tially obscures any lateral carbonate transport (i.e., terrestrial carbonate input or off‐shelf carbonate transport). In
this study,we compiled the available seafloorCaCO3 dissolution data from coastal and shelf sediments.Wediscuss
the drivers of sedimentary CaCO3 dissolution and present an updated budget of the coastal and shelf CaCO3 cycles.

2. Methods
2.1. Data Collection

CaCO3 dissolution rates (Rdiss) were taken from studies in which they were either directly reported or derivable
from supplementary data (see Figure 1 for data locations). These reported dissolution rates were originally ob-
tained through different methods (Table S1 in Supporting Information S1): (a) reaction‐transport modeling based
on pore‐water profiles of AT, calcium (Ca2+), oxygen (O2), and dissolved inorganic carbon (DIC); (b) the
alkalinity anomaly technique (Smith & Key, 1975), which measures AT in the overlying water; (c) measurements
of AT, Ca

2+, and δ13C‐DIC fluxes in both in situ and ex situ incubations; and (d) direct mass loss measurement
from carbonate substrates implanted in natural sediments. Values of Rdiss were compared to carbon‐based
mineralization rates (Rmin), which were either directly reported or were reported as oxygen fluxes, which we
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transformed into Rmin values using a respiratory DIC:O2 quotient of 0.9 for inner shelf sediments (Jørgensen
et al., 2022). To avoid the confounding effects of photosynthesis and calcification, data were only retained for
dark conditions (i.e., dark incubations and/or night‐time in situ measurements). Data points from water depths
greater than 500 m were excluded from the analysis as this is considered beyond the maximum water depth of the
global shelf (Durán & Guillén, 2018; Harris & Macmillan‐Lawler, 2016).

Study sites were classified according to Milliman (1993) into four types of coastal and shelf environments based
on their carbonate production and accumulation rates (see Table 1): (a) coral reefs and lagoons, (b) banks and
bays, (c) carbonate‐rich shelves (>70 wt.% CaCO3), and (d) carbonate‐poor shelves (<70 wt.% CaCO3; see
Milliman, 1993; Milliman & Droxler, 1996 for a more detailed description of the classification). While reefs and
lagoons comprise a mosaic of benthic habitats, ranging from live reef frameworks to sediment‐dominated areas,
they are grouped together here because several of the included studies infer carbonate dissolution from alkalinity
changes in the overlying water column. These measurements integrate fluxes over larger benthic surfaces and
therefore represent averaged signals despite small‐scale habitat heterogeneity. Banks and bays were classified
into vegetated and non‐vegetated systems (the former having higher local primary production and organic input
than the latter). Among the three major vegetated coastal ecosystems (seagrass meadows, mangrove forests, and
salt marshes), data on carbonate dissolution were almost only available for (sub)tropical seagrass ecosystems. As
such, banks and bays were further subdivided based on the presence or absence of seagrasses. Carbonate‐rich
shelves are found in extratropical or cold‐water environments (see Smith & Mackenzie, 2016 for an extensive
list), but no studies were found that reported dissolution rates. Carbonate‐poor shelves were further subdivided
into permeable sands (≥63 μm grain size) and cohesive muds (silts and muds; <63 μm) according to the
Wentworth classification scale. Finally, it should be noted that CaCO3 dissolution data from studies within each
type of coastal and shelf environment were pooled without taking additional environmental (e.g., temperature,

Figure 1. Map indicating the locations for which data were used in this study, categorized according to the type of environment (see Table S2 in Supporting
Information S1 for coordinates). PIC‐poor shelf indicates carbonate‐poor shelf. Data points were slightly offset to improve visibility.

Table 1
Classification of Coastal and Shelf Environments and Associated CaCO3 Production Rates

Environment Areaa (1012 m2) CaCO3 production
a (mol m− 2 yr− 1) CaCO3 mineral phasesb,c,d,e

Coral reef/lagoon 0.90 18 Aragonite, HMC, LMC

Bank/bay 0.40 5 Aragonite, HMC, LMC

Carbonate‐rich shelf 1.3 3 Aragonite, LMC

Carbonate‐poor shelf 19.4 1 Aragonite, LMC

Note. Production rates represent global averages. The corresponding mineral phases formed in each environment are listed
(HMC, high‐magnesium calcite; LMC, low‐magnesium calcite). aSmith and Mackenzie (2016). bAndersson et al. (2008).
cChave (1954). dChave (1962). eMorse and Mackenzie (1990).
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depth) or temporal (e.g., seasonal or annual variability) factors into account. While such factors affect dissolution
rates in the short term, our aim was to arrive at a long‐term average dissolution rate to improve the CaCO3 budget,
which warrants the pooling of studies.

2.2. Statistical Data Analysis

A meta‐analysis was conducted to estimate mean dissolution rates and 95% confidence intervals per coastal and
shelf environment based on the dissolution rates and variances reported in the individual studies (Table S3 in
Supporting Information S1). Variances that were not directly reported in individual studies were either calculated
or estimated from the reported data points. Mean dissolution rates per study were calculated using dissolution
rates fromwithin‐study clusters (i.e., sampling stations or sampling events) considering the variance per cluster (i.
e., sampling replicates):

σ2 =
σ2b
m

+
σ2w
n

In this formula, σ2b represents the between‐variance for m sample clusters, which was estimated as the variance of
cluster means around the overall mean (s2b), whereas σ2w represents the within‐variance for n sampling replicates
per cluster, which is estimated as follows (here shown for two clusters, for which n is the number of replicates and
s2w is the within‐variance per cluster):

σ2w =
s2w1 (n1 − 1) + s2w2 (n2 − 1)

n1 + n2 − 2

When insufficient information was available to calculate the total variance, a conservative estimate was given by
calculating the upper boundary of the 95% confidence interval of the highest observed variance in that coastal or
shelf environment (for which n ≥ 5 to remove studies with limited data):

σ2 =
(n − 1) s2

χ2
(α=0.025)(n− 1)

The term s2 represents the highest observed sample variance, and the population is assumed to follow a chi‐square
distribution following Cochran's theorem.

To estimate mean dissolution rates per coastal and shelf environment, a random‐effects model was developed
using the CRAN:metafor package (Viechtbauer, 2010) in R. This model incorporates both within‐study and
between‐study variability and assumes that the effect may vary across studies due to environmental and meth-
odological variability. To estimate the between‐study variance, the Restricted Maximum Likelihood method was
used in combination with the Hartung‐Knapp adjustment to account for expected heterogeneity and small sample
sizes. Heterogeneity was then assessed using three statistical metrics to evaluate the appropriateness of the
random‐effects model for the analysis: Q quantifies total variability among study estimates (calculated as the
weighted sum of squared deviations from the pooled dissolution rate) and is compared to a chi‐square distribution;
τ2 estimates absolute between‐study variance and is compared to the pooled dissolution rate; and I2 indicates the
proportion of total variance attributed to heterogeneity rather than within‐study variance (Borenstein et al., 2009).
While there is no strictly defined threshold, the following categorization has been suggested (Higgins, 2003):
I2 = 25% is considered low, I2 = 50% moderate, and I2 = 75% high. Subgroups for banks and bays were included
to account for seagrass presence due to its significant impact on dissolution rates, as discussed in the following
section. Mud and sand subgroups for carbonate‐poor shelves were also included. Dissolution rates for each
environment were obtained from the model and then integrated over their global areas (Table 1).

2.3. Coastal and Shelf CaCO3 Budget

Integrated CaCO3 dissolution rates were combined with production, burial, and additional input rates from
literature to create a CaCO3 budget for the global coastal and shelf environment. The residual required to balance
the budget was calculated as
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Residual = production + additional input − burial − dissolution

Since rate uncertainties from literature were not always provided or comparable, they were reported in this study
as either G (good; around 50% uncertainty), F (fair; around 100% uncertainty), or P (poor; >100% uncertainty),
following the convention adopted in previous CaCO3 budget estimates (Iglesias‐Rodriguez et al., 2002; Milliman
& Droxler, 1996). Unknown uncertainties were given a question mark (?).

2.3.1. CaCO3 Production

Carbonate production in coastal and shelf sediments consists of planktonic and benthic production, with the latter
being the predominant source (Milliman & Droxler, 1996; Smith & Mackenzie, 2016). Planktonic coastal and
shelf production is poorly constrained, as most calcification rate measurements have been performed in the open
ocean (Balch et al., 2007; Berelson et al., 2007). In this study, we adopted the crude estimate of Milliman and
Droxler (1996) of 20 g CaCO3 m

− 2 yr− 1, resulting in a total of 4.4 Tmol yr− 1 for the coastal and shelf envi-
ronments (0.2, 0.1, 0.2 and 4 Tmol yr− 1 for coral reefs and lagoons, banks and bays, carbonate‐rich and carbonate‐
poor shelves, respectively) with an attributed uncertainty of >100% (P) due to a lack of more detailed studies.

For benthic production of coral reefs and lagoons, the global area (0.90 × 1012 m2; Table 1) was subdivided into 2
levels. At the first level, reefs and lagoons were categorized as either visible (0.15 × 1012 m2) or submerged
(0.75 × 1012 m2), following Smith and Mackenzie (2016). At the second level, visible and submerged areas were
categorized as live reefs (20%) or lagoon (80%; Milliman, 1993). Carbonate production rates derived from
literature were 50 ± 30 mol m− 2 yr− 1 for visible live reefs (standard deviation based on 28 studies; Falter
et al., 2013), 10 mol m− 2 yr− 1 for submerged live reefs (middle value of reported range of 1–20 mol m− 2 yr− 1;
Vecsei, 2004), and 8± 4 mol m− 2 yr− 1 for visible and submerged lagoons (standard deviation based on 5 studies;
Smith & Kinsey, 1976). The combined benthic and planktonic production rate for coral reefs and lagoons was
then estimated at 9 Tmol yr− 1, with an uncertainty of 50% (G).

For banks and bays, Milliman (1993) andMilliman and Droxler (1996) summarized benthic production rates from
the literature, ranging from 3 to 5 mol m− 2 yr− 1. An estimated rate of 5 mol m− 2 yr− 1 with an uncertainty of 100%
was reported, which we adopted in this study, resulting in a combined benthic and planktonic bank and bay
production rate of 2 Tmol yr− 1 with an uncertainty of 100% (F).

The carbonate‐rich shelf benthic production rate was adopted from Smith and Mackenzie (2016), who reported a
mean of 5.3 ± 5.3 mol m− 2 yr− 1 (standard deviation based on 24 studies). Given the spread of the data, however,
they used the median value of 3 mol m− 2 yr− 1, which was also used in this study, resulting in a combined benthic
and planktonic carbonate‐rich shelf production rate of 4 Tmol yr− 1, with an estimated uncertainty of 100% (F).

The carbonate‐poor shelf benthic production rate was based on a global assessment of echinoderm calcification, a
major contributor to carbonate production in non‐reef sedimentary shelf environments (Lebrato et al., 2010). A
mean production rate of 0.8 mol m− 2 yr− 1 was reported, which stemmed from a very wide range of values
(1.17 × 10− 8 − 15.1 mol m− 2 yr− 1, based on 164 studies). We adopted the mean value and included an upward
adjustment, following Smith and Mackenzie (2016), to account for the contribution of other calcifying organisms
in addition to echinoderms. A benthic production rate of 1 mol m− 2 yr− 1 was used in this study, resulting in a
combined benthic and planktonic carbonate‐poor shelf production rate of 23 Tmol yr− 1, with an estimated un-
certainty of >100% (P).

2.3.2. CaCO3 Burial

Burial rates and uncertainties were derived from reported fractions and uncertainties of total CaCO3 production
that are eventually buried (80% for coral reefs and lagoons, 50% for banks and bays, 50% for carbonate‐rich
shelves and 25% for carbonate‐poor shelves; Milliman, 1993; Milliman & Droxler, 1996). This resulted in
global burial rates of 7 Tmol yr− 1 for coral reefs and lagoons (uncertainty of 50%; G), 1 Tmol yr− 1 for banks and
bays (uncertainty of 100%; F), 2 Tmol yr− 1 for carbonate‐rich shelves (uncertainty of >100%; P) and 6 Tmol yr− 1

for carbonate‐poor shelves (uncertainty of 50%; G).
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2.3.3. Additional CaCO3 Input

Additional CaCO3 input comes from rivers across the globe (3.1 ± 0.3 Tmol yr− 1) and meltwater discharge and
ice‐rafted debris from Greenland and Antarctica (0.8 ± 0.3 Tmol yr− 1; Müller et al., 2022), resulting in a total of
4 Tmol yr− 1, with an uncertainty of 50% (G).

3. Results
3.1. Carbonate Dissolution in Coastal and Shelf Environments

A total of n= 204 data points, originating from 28 studies across 22 distinct geographic locations (Figure 1), were
included in the meta‐analysis (Table S3 in Supporting Information S1; n = 67 for coral reefs and lagoons across
13 studies; n = 58 for banks and bays across 5 studies; n = 79 for carbonate‐poor shelves across 10 studies).
Values for Rdiss were included in a random‐effects statistical model (Figure 2), which provided high mean
dissolution rates for coral reefs and lagoons (14.9 ± 3.9 mmol m− 2 d− 1) and for banks and bays with seagrass
(18.8 ± 7.7 mmol m− 2 d− 1), and low rates for banks and bays without seagrass (1.5 ± 2.2 mmol m− 2 d− 1) and for
carbonate‐poor muds (1.2 ± 0.6 mmol m− 2 d− 1) and sands (0.4 ± 1.8 mmol m− 2 d− 1). High uncertainties were
obtained for carbonate‐poor sands (450% relative uncertainty) and banks and bays without seagrass (150%), while
the other environments had uncertainties ≤50%. Since no data was available for carbonate‐rich shelves, the
dissolution rate of banks and bays without seagrass was used as a proxy for this environment, due to similarities in
terms of high CaCO3 content and lack of vegetation.

Q statistics indicated significant heterogeneity at the 95% significance level for coral reefs and lagoons
(Q = 28.14, df = 12, p = 0.005) but not for the other environments (Q = 1.56, df = 3, p = 0.668 and Q = 4.56,
df = 3, p = 0.207 for banks and bays with and without seagrass, respectively; Q = 1.03, df = 6, p = 0.984 and
Q= 4.56, df = 3, p = 0.207 for carbonate‐poor muds and sands, respectively). These results suggest that for coral
reefs and lagoons, dissolution rates across studies differed more than expected by chance, illustrating that they are
influenced by variability in environmental conditions and sampling methodology. For all other environments, the
absence of significant heterogeneity suggests that a “true” dissolution rate exists (and hence implying that a fixed‐
effects model could be applied). However, since Q is sensitive to both the number of studies and the study
precision, its significance is highly dependent on the statistical power of the meta‐analysis. Therefore, in the next
section, we discuss heterogeneity in relation to the parameters τ2 and I2 rather than relying on Q statistics
(Borenstein et al., 2009).

In coral reefs and lagoons, moderate to high heterogeneity was observed (τ2 = 8.35, I2 = 57.4%), which is
explained by the large geographic spread of the studies (Figure 1) and the different methods that were used to

Figure 2. Mean dissolution rates (Rdiss) estimated by the random‐effects model for different coastal and shelf environments
(n = number of data points per category; error bars indicate 95% confidence intervals). PIC‐rich shelf: carbonate‐rich shelf
sediment, PIC‐poor mud: carbonate‐poor muddy shelf sediment, PIC‐poor sand: carbonate‐poor sandy shelf sediment. *The
rate of banks without seagrass was used as a proxy for carbonate‐rich shelf, since no data was available (see text).
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estimate dissolution rates (Table S1 in Supporting Information S1). Low to moderate heterogeneity was observed
in banks and bays with seagrass (τ2 = 15.05, I2 = 0%) and without seagrass (τ2 = 1.21, I2 = 34.2%). The high τ2

and low I2 values for seagrass banks may seem counterintuitive but are explained by how the variance was
calculated for individual studies. Two of the four seagrass bank studies were assigned a high, conservative
variance estimate as insufficient information was available to calculate their variance (Table S3 in Supporting
Information S1). This resulted in a model estimate with high within‐study variance, which dominated the total
variance (I2= 0%) despite substantial between‐study variance (τ2= 15.05). Methodological differences (Table S1
in Supporting Information S1), as well as differences in sediment types, ranging from mud to sand (e.g., Burdige
et al., 2008; Walter & Burton, 1990), contributed to the observed heterogeneity. Carbonate‐poor muds and sands
showed little to no heterogeneity (τ2= 0, I2= 0% and τ2 < 0.0001, I2= 34.1%, respectively). In this case, a fixed‐
effects model could have been appropriate. However, given the geographic spread of the data (Figure 1) and the
heterogeneous nature of the other environments, a random‐effects model was retained.

Data points were also categorized according to grain size (permeable sands and cohesive muds; Figure 3a) and
grain size in combination with the presence of vegetation (Figure 3b). These parameters have a strong impact on
the dissolution rates, as will be discussed in the following sections. Coral reef sands were considered separately
due to their typical low organic matter content but high mineralization rates (Watanabe & Nakamura, 2019).
Dissolution rates were generally higher in sands than in muds and higher in vegetated systems than in unvegetated
systems.

3.2. Coastal and Shelf CaCO3 Budget

Ecosystem‐based dissolution rates (Table 2) were obtained by multiplying the mean areal dissolution rates
derived from the model by the total area for each environment (Table 1). High dissolution rates were obtained for
coral reefs and lagoons (5 ± 1 Tmol yr− 1; ∼45% of the total coastal and shelf dissolution) and for carbonate‐poor
shelves (5 ± 9 Tmol yr− 1; ∼45%), whereas banks and bays (0.6 ± 0.3 Tmol yr− 1; ∼5%) and carbonate‐rich
shelves (0.7 ± 1.0 Tmol yr− 1; ∼6%) represent minor contributions. Despite their low areal dissolution rates
(Figure 2), carbonate‐poor shelves represent a major component of the global coastal and shelf CaCO3 budget
because they cover 88% of the total area (Table 2). In contrast, banks and bays occupy a small area and therefore
contribute considerably less to the global coastal and shelf budget. The total estimated dissolution rate for coastal
and shelf environments is 11 ± 9 Tmol yr− 1 (Table 2). While this rate has a high uncertainty, mostly due to the
high uncertainty of carbonate‐poor sand dissolution, it aligns with a previous estimate based on one‐dimensional
reactive transport modeling (7 Tmol yr− 1; Krumins et al., 2013), as well as an often cited—but coarse—estimate
of ∼6.5 Tmol yr− 1 by Milliman (1993).

Figure 3. Boxplots showing dissolution rates (Rdiss) for n number of data points per category. (a) Dissolution rates in
permeable sands and cohesive muds. (b) Dissolution rates in reef sands, and vegetated and unvegetated sands and muds.
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Dissolution rates were combined with production, burial, and additional input rates to arrive at a global annual
coastal and shelf CaCO3 budget (Table 2). Calcium carbonate enters the coastal ocean through river input and
meltwater discharge and ice‐rafted debris (4 Tmol yr− 1; 50% uncertainty) or is locally produced (38 Tmol yr− 1;
>100% uncertainty), while it is lost through burial (16 Tmol yr− 1; 100% uncertainty) and dissolution in the
sediment (11 ± 9 Tmol yr− 1). Despite several high uncertainties, especially for production in the poorly con-
strained carbonate‐poor shelf environment, these results indicate that the CaCO3 budget may not be balanced,
resulting in a residual of 15 Tmol yr− 1 (>100% uncertainty).

4. Discussion
4.1. Methodology Aspects and Data Availability

We have made an inventory of published data on areal CaCO3 dissolution rates (Rdiss), thus providing mean
dissolution rates for global environments. These Rdiss values carry a relatively high uncertainty (Figure 2), which
originates from the limited number of studies as well as the different methodologies used to measure dissolution
rates. Furthermore, there is a clear geographical bias in terms of study sites. Most studies on carbonate dissolution
have been conducted in (sub)tropical environments, with the majority conducted in the Northern Hemisphere
(Figure 1). No data were found on carbonate dissolution in carbonate‐rich shelf environments, and among the
major vegetated ecosystems—seagrass meadows, mangrove forests and salt marshes—data are almost exclu-
sively limited to seagrass ecosystems. Recent efforts have investigated howmangroves and salt marshes influence
coastal carbonate chemistry (see Reithmaier et al., 2023 for a synthesis), but the specific role of carbonate
dissolution in the AT production in these environments remains poorly constrained.

Additionally, many of the included studies comprise snapshot observations that fail to capture seasonal or annual
variability, and data were pooled without explicitly accounting for additional environmental factors due to the
limited amount of available data. Future research should target all types of marine environments, while also
incorporating temporal dynamics and environmental controls, thereby providing a more comprehensive under-
standing of carbonate dissolution and its role in global carbonate cycling. This is particularly critical for
carbonate‐poor sands, as these sediments cover the largest portion of the total coastal and shelf area (62%) but
have largely been overlooked in the context of CaCO3 dissolution (only 4 out of a total of 28 studies). Moreover,
typical in situ techniques (e.g., incubation chambers) are difficult to implement in sandy sediments due to their
resistance to instrument penetration (Lunstrum&Berelson, 2022). As a result, these sediments are often collected

Table 2
Global Coastal and Shelf CaCO3 Budget

Environment Areaa (1012 m2)
Productionb

(Tmol yr− 1)
Burialb

(Tmol yr− 1)
Dissolution
(Tmol yr− 1)

Additional inputb

(Tmol yr− 1)
Residualc

(Tmol yr− 1)

Coral reef/lagoon 0.9 9 (G) 7 (G) 5 ± 1

Bank/bay 0.4 2 (F) 1 (F) 0.6 ± 0.3

Seagrass (14%) 0.06 0.4 ± 0.2

No
seagrass
(86%)

0.34 0.2 ± 0.3

Carbonate‐rich shelf 1.3 4 (F) 2 (P) 0.7 ± 1.0d

Carbonate‐poor
shelf

19.4 23 (P) 6 (G) 5 ± 9

Mud (30%) 5.8 3 ± 1

Sand (70%) 13.6 2 ± 9

Total coastal/shelf 22 38 (P) 16 (F) 11 ± 9 4 (G) 15 (P)

Note. Uncertainties for dissolution rates are shown as half the 95% confidence interval. Uncertainties for other processes are shown within parentheses as G (∼50%
uncertainty), F (∼100% uncertainty), or P (>100% uncertainty). aSmith and Mackenzie (2016). bDerivations and references are provided in the Methods section.
cResidual was calculated as production + additional input − burial − dissolution. dDissolution rate of banks and bays without seagrass was used as a proxy, see text for
details. Percentage of seagrass cover in banks and bays is derived from McKenzie et al. (2020), and percentages of carbonate‐poor mud and sand shelf are from
Burdige (2007).
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using grab samplers, which inherently disturb the sediment and affect sedimentary processes. Furthermore,
hydrodynamic forcing, which drives pore‐water advection in sands, is difficult to replicate accurately in labo-
ratory settings, leading to artificial conditions that may not reflect in situ dissolution dynamics. Dissolution rates
obtained under such conditions may therefore differ substantially from in situ rates.

4.2. Drivers of CaCO3 Dissolution in Coastal and Continental Shelf Sediments

Dissolution rates obtained from literature showed substantial variability both within and between the types of
coastal and shelf environments (Figure 2). In this section, we discuss the drivers of CaCO3 dissolution in coastal
and shelf sediments and how they are affected by environmental conditions.

Sedimentary carbonate dissolution is principally controlled by the type of CaCO3 minerals present and the pore‐
water saturation state of the CaCO3 minerals in question. Carbonates in coastal and shelf sediments are pre-
dominantly of biogenic origin, with their principal mineral phases being aragonite and a spectrum of magnesium
calcites. The magnesium content of CaCO3 is largely controlled by temperature, the metabolism of the calcifying
organism and the mineralogic form they produce (Chave, 1954). Aragonite rarely contains over 1 mol% of
magnesium, while calcite is further subdivided in low‐magnesium calcite (LMC; <4 mol% MgCO3) and high‐
magnesium calcite (HMC; >4 mol% MgCO3; Haese et al., 2014). In shallow tropical and subtropical environ-
ments, such as reefs and bays, organisms that produce aragonite (e.g., scleractinian corals, green algae) and HMC
(e.g., red coralline algae, benthic foraminifera) dominate, whereas on deeper shelves, sediments are dominated by
the settled casts of pelagic organisms that produce LMC (e.g., planktonic coccolithophores and foraminifera;
Table 1; Andersson et al., 2008; Chave, 1954, 1962; Morse &Mackenzie, 1990). HMC is generally more soluble
than LMC and aragonite due to its lower thermodynamic stability (Eyre et al., 2014; Walter & Morse, 1985).
Therefore, differences in dissolution rates in sediments have been suggested to partly result from variations in
HMC content (Yates & Halley, 2003). In the following discussion, we use aragonite as an example, but the same
reasoning holds for any phase of CaCO3.

Sedimentary carbonate dissolution requires that the pore water of the sediment becomes undersaturated. The
saturation state of the pore water is determined by (a) the saturation state of overlying water, (b) the rate at which
overlying water is exchanged with pore water across the sediment‐water interface, and (c) the rate of aerobic
mineralization in the sediment (which provides carbonic acid to the pore water). If the overlying water is un-
dersaturated, dissolution can readily proceed, as occurs in deep‐sea sediments below the saturation horizon (see
below). If the overlying water is oversaturated, the pore water needs an extra dose of acid from aerobic miner-
alization to become undersaturated. This process is generally termed metabolic carbonate dissolution (Figure 4a).
Note that even when the overlying water is oversaturated, its saturation state still influences carbonate dissolution
in the sediment. For the same ventilation rate, overlying waters with a higher saturation state require more aerobic
mineralization to acidify the pore water for carbonate dissolution to occur. Several studies have shown that
sediment incubations conducted under elevated pCO2 conditions (i.e., reduced saturation state) resulted in higher
dissolution rates compared with incubations at normal pCO2 levels (Andersson et al., 2007, 2009; Cyronak
et al., 2013b; Lunstrum & Berelson, 2022).

Metabolic carbonate dissolution is regulated by a variety of parameters in coastal and shelf sediments (Andersson
& Gledhill, 2013), which can be categorized into two primary drivers: reactive organic matter content and oxygen
availability (Equation 2; Figure 4b). While the respiration of organic matter with oxygen acidifies the pore water,
organic matter mineralization in the absence of oxygen generates alkalinity and increases the CaCO3 saturation
state (Soetaert et al., 2007). Reactive organic matter is provided to the sediment by the settling of detritus from the
water column or by benthic flora. Oxygen availability on the other hand is governed by a variety of processes.
First, sediment grain size affects the permeability of sediments, and this controls the transport of oxygen from the
oxygenated overlying water to the sediment. In fine‐grained cohesive sediments, transport is restricted to mo-
lecular diffusion (Janssen et al., 2005), resulting in shallow oxygen penetration. In coarse‐grained permeable
sediments, pore‐water advection provides an additional transport mechanism, allowing oxygen to penetrate
deeper into the sediment (Huettel & Gust, 1992). A parameter closely related to advection is pore‐water residence
time (PRT), which is defined as the time that seawater remains in the sediment before being exchanged or flushed
out. The PRT should be long enough to allow aerobic mineralization to acidify the pore water, driving it toward
undersaturation and initiating CaCO3 dissolution but not too long so that the pore water does not become anoxic.
Sediments with higher organic matter content and thus higher mineralization rates require shorter PRTs to drive
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the pore water toward undersaturation (Figure 5). Finally, oxygen penetration can be enhanced through bio-
turbation, a process in which infaunal organisms rework the sediment, increasing permeability and facilitating
fluid transport (Aller, 1980). A large fraction of these bioturbators create burrows, which they flush to bring
oxygen‐rich water to deeper anoxic sediment layers (Meysman et al., 2006). This process, called bio‐irrigation,
reoxidizes reduced metabolites in the anoxic zone (which lowers the pH; Soetaert et al., 2007) and enhances
aerobic mineralization. The combined influence of all these processes explains the substantial heterogeneity in the
field data, which can be further elaborated upon in the context of the different coastal and shelf environments.

4.2.1. Deep‐Sea and Slope Sediments

As the CaCO3 saturation state is strongly pressure‐ (and therefore depth‐) dependent, research on CaCO3 disso-
lution has historically targeted deep‐sea and, to a lesser extent, slope sediments (Berelson et al., 2007; Wol-

last, 1994),while coastal and shelf sedimentswere often assumed to be areas of
little to no dissolution (e.g., Broecker & Takahashi, 1977). In this section, only
a brief overview is provided on deep‐sea and slope CaCO3 dissolution. We
refer the reader to Berelson et al., 2007 for a more in‐depth review.

In deep‐sea sediments below the saturation horizon, dissolution is mainly
driven by bottom water undersaturation, but can be supplemented by meta-
bolic dissolution (Cetiner et al., 2025). However, low organic matter content
in deep‐sea sediments limits metabolic carbonate dissolution, as a large
fraction of the organic matter is remineralized in the water column before
settling onto the deep seafloor. Furthermore, transport in deep‐sea sediments
is primarily driven by molecular diffusion, with little contribution from
advective processes (Boudreau, 1997; Boudreau et al., 2020). This further
limits CaCO3 dissolution, as restricted flushing of the pore water with un-
dersaturated oxygenated bottom water leads to the accumulation of dissolu-
tion products that drives the pore water toward oversaturation.

The continental slope forms the connection between the deep sea and the
continental shelf. With the exception of high‐latitude environments, slope

Figure 4. Metabolic carbonate (CaCO3) dissolution. (a) Thermodynamic diagram. Changes of alkalinity (AT) and dissolved
inorganic carbon (DIC) are superimposed on a contour plot of the aragonite saturation state (ΩA) at 15°C and a salinity of 35
PSU. Aerobic mineralization increases DIC according to vector 1a until saturation is reached (ΩA = 1). Beyond this point,
aerobic mineralization continues (vector 1b) in concert with CaCO3 dissolution (vector 2), which increases AT and DIC in a
2:1 ratio (Equation 1). The combined reaction, metabolic CaCO3 dissolution (vector 3), increases AT and DIC in a 2:2 ratio
(Equation 2). Vector 1a becomes longer as ΩA of the overlying water increases, indicating that more aerobic respiration is
required to acidify the pore water until undersaturation. (b) Parameters affecting metabolic CaCO3 dissolution. Oxygen
availability and reactive organic matter content are the primary drivers. Oxygen is affected by sediment grain size, and by
secondary drivers such as pore‐water advection, the closely related pore‐water residence time, and biological processes such
as bioturbation (and bio‐irrigation) and oxygen release from seagrass rhizomes. Organic matter is provided to the sediment
by the settling of detritus from the water column. The different CaCO3 mineral phases are high‐magnesium calcite, low‐
magnesium calcite and aragonite.

Figure 5. Pore‐water aragonite saturation state (ΩA) transition from
oversaturation (ΩA = 2) to (under)saturation (ΩA ≤ 1) as a function of pore‐
water residence time for a range of mineralization rates (Rmin). Higher
mineralization rates require shorter PRTs to reach undersaturation. Plot was
made using typical seawater parameters (AT = 2,300 μmol kg− 1; T = 16°C;
S = 35 PSU; starting dissolved inorganic carbon concentration =

2127.3 μmol kg− 1 to set saturation state ΩA to 2).
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sediments lie above the calcite saturation horizon and above the aragonite saturation horizon in the Atlantic Ocean
(Milliman, 1993). CaCO3 minerals in slope sediments therefore typically dissolve primarily through metabolic
carbonate dissolution, either in the sediment or in settling particle aggregates. Organic matter, either obtained
indirectly from lateral off‐shelf transport, or directly from in situ production in the overlying water, can vary
considerably in concentration due to the large depth range of slope sediments. In deeper slope sediments, the input
of organic matter is low compared to shallower slope sediments, as a larger fraction is remineralized in the water
column before reaching the seafloor. As a result, deep slope sediments have a lower potential for metabolic
carbonate dissolution than shallow slope sediments. However, since the saturation state of the water in these
deeper environments is lower, less aerobic mineralization is needed to drive the pore water toward
undersaturation.

4.2.2. Shelf Sediments

Shelf sediments are typically located far above the saturation horizon of calcite and aragonite, and thus CaCO3

dissolves exclusively through metabolic carbonate dissolution. Most of the dissolution occurs in the sediment, as
the settling time of degrading particle aggregates is short in these shallow environments. Compared to deep‐sea
sediments, shelf environments receive a high organic matter input due to a high local primary production
combined with land‐derived organic matter. Shelf sediments are typically classified by grain size as either muddy
or sandy, with each exhibiting distinct constraints on dissolution. In cohesive muddy sediments, diffusive
transport leads to shallow oxygen penetration. As organic matter content regulates the CO2 production necessary
for CaCO3 dissolution, higher organic matter content leads to higher mineralization and higher corresponding
dissolution rates as long as oxygen remains available. Once oxygen is depleted, anaerobic mineralization pro-
cesses take over, which produce alkalinity and thus inhibit dissolution. A clear example of oxygen limitation can
be seen in sediments during spring blooms, where oxygen depletion and corresponding anaerobic mineralization
increase the pH of the overlying water, inhibiting dissolution (Green & Aller, 2001). In permeable sandy sedi-
ments, additional advective transport leads to deeper oxygen penetration. This wider oxic zone generally leads to
higher dissolution rates compared to those found in muddy sediments (Figure 3a). The observed negative values
(Figure 3) may be explained by two factors. First, uncertainties in the measurements of DIC fluxes, mineralization
rates, and oxygen fluxes used to derive dissolution rates may result in negative estimates. Second, a considerable
number of data points were collected in situ within carbonate‐rich environments characterized by high calcifi-
cation activity. Although the data used in this study were restricted to dark conditions to remove the effect of
calcification, some calcification may still have occurred, resulting in the negative rates.

The effect of bioturbation and bio‐irrigation on oxygen penetration has been observed both in muddy shelf
sediments, where shell pitting and pore‐water Ca2+ profiles suggest higher dissolution rates in highly bioturbated
areas (Aller, 1982), and in sandy shelf sediments, where the impact of bioturbation on alkalinity production was
studied in core incubations with sediment before and after the addition of deep‐burrowing lugworms (Rao
et al., 2014). Higher alkalinity fluxes related to metabolic CaCO3 dissolution were observed in the bioturbated
cores. Finally, the effect of PRT on CaCO3 dissolution in shelf sands has been studied through sediment in-
cubations in which PRT was manipulated (Lunstrum & Berelson, 2022). For short PRTs, negligible dissolution
was observed because the acidity produced by aerobic mineralization was flushed out before it could drive CaCO3

dissolution. Once a threshold was reached, the dissolution rates increased with longer PRTs. However, as PRTs
further increased, aerobic mineralization decreased due to hypoxic pore‐water buildup, ultimately lowering the
dissolution efficiency (Lunstrum & Berelson, 2022).

If metabolic carbonate dissolution is fully efficient, 50% of the DIC pool in the pore water should originate from
organic matter mineralization and 50% from CaCO3 dissolution (Equation 2). When sufficient CO2 has been
produced through aerobic mineralization to bring the pore water toward undersaturation, a 1:1 relationship is
established between mineralization and dissolution, as long as oxygen is present in the sediment (Figure 6a). The
dissolution efficiency is governed by the full range of environmental parameters (Figure 4b), and since these
parameters vary considerably across marine environments, efficiencies can differ significantly (Figures 6b and
6c). Cohesive muds are generally more oxygen‐limited, while sandy, permeable sediments are typically low in
organic matter compared to muddy sediments (de Beer et al., 2005), making them more prone to organic matter
limitation.

Global Biogeochemical Cycles 10.1029/2025GB008936

GOOSSENS ET AL. 11 of 20



4.2.3. Bank/Bay

Organic matter accumulation in banks and bays varies considerably between locations and depends on the
presence of vegetation. Vegetation modulates not only local organic matter input but also oxygen transport by
releasing O2 from the rootzone (Colmer, 2003; Ku et al., 1999). In seagrass banks and bays, the combination of
high organic matter content, enhanced pore‐water oxygenation and large fractions of HMC from seagrass‐
associated organisms (e.g., mollusks, bryozoans; Table 1), makes these environments highly efficient for
CaCO3 dissolution, showing the highest areal dissolution rates of all coastal and shelf environments (Figure 2). A
positive correlation between seagrass density and CaCO3 dissolution rate has been observed in several studies
(Burdige & Zimmerman, 2002; Burdige et al., 2008, 2010) and is reflected by the large variability of dissolution
rates (Figures 2 and 3b). It should be noted, however, that vegetation also enhances the deposition of detrital
organic matter from the water column by reducing seawater flow. This reduced flow reduces pore‐water irri-
gation, which, in combination with enhanced detrital organic matter deposition, causes highly dense seagrass
systems to shift from being organic matter‐limited to oxygen‐limited (Figure 6a; Burdige & Zimmerman, 2002;
Burdige et al., 2008).

Unvegetated banks and bays display considerably lower dissolution rates due to the absence of vegetation‐derived
organic matter (Figure 2). In muddy sediments, where oxygen penetration is shallow, additional oxygen supply,
either indirectly through bio‐irrigation or directly via root release, is essential, alongside high organic matter
input, to sustain high dissolution rates (Figure 3b).

4.2.4. Coral Reef/Lagoon

Most of the more recent studies on CaCO3 dissolution in coastal sediments have targeted tropical and subtropical
environments with coral reefs, in the context of ocean acidification (see, e.g., Andersson & Gledhill, 2013; Eyre
et al., 2014, and references therein). Several studies suggest that reefs might transition from net accreting to net
dissolving by the end of this century (Andersson & Mackenzie, 2004; Andersson et al., 2009; Eyre et al., 2018).
Reef and lagoon sediments are rich in CaCO3 and display high rates of organic matter mineralization (Watanabe
& Nakamura, 2019). Live coral reefs produce both organic and inorganic carbon within their structure, while
surrounding sediments accumulate organic and inorganic carbon through spillover from reefs. Moreover, reef and
lagoon sediments are generally coarse‐grained, resulting in high permeability and deep oxygen penetration. This,
in combination with large fractions of HMC (Table 1), provides optimal conditins for CaCO3 dissolution, leading
to some of the highest areal dissolution rates in coastal and shelf environments (Figures 2 and 3b). The observed
variability in dissolution rates among reefs and lagoons can be partly explained by differences in live coral cover.
In highly advective reef sediments, low PRTs can become a limiting factor, if the CO2 produced by aerobic

Figure 6. Dissolution rates (Rdiss) as a function of mineralization rates (Rmin), which serve as a proxy for reactive organic matter content. Figures only include studies
where both Rdiss and Rin were directly reported or derivable from supplementary data. The theoretical maximum (1:1) and minimum (0:1) dissolution efficiency is
shown, as discussed in the text. (a) idealized relationship showing an organic matter (OM)‐limited system (fully efficient) and a conceptual curve describing a system
that shifts from OM limitation to O2 limitation. (b) Permeable sands including data points from all environments. Green data points are from seagrass studies in which
Rdiss was calculated from dissolved inorganic carbon fluxes, assuming full efficiency. (c) Cohesive muds including data points from all environments.
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mineralization is flushed out before it can drive CaCO3 dissolution. Chamber incubations in permeable sediments
with high background flushing rates (likely resulting from bio‐irrigation) show that additional advection induced
by stirring motion elevated CaCO3 dissolution rates until a certain threshold, after which metabolic carbonate
dissolution was hampered by the lack of CO2 buildup in the pore water (Rao et al., 2012).

4.3. The Role of Coastal and Shelf CaCO3 Cycling in the Global Carbon Cycle

In this section, we discuss coastal and shelf CaCO3 cycling as part of the global carbon cycle and evaluate its role
in climate regulation. We find the highest dissolution rates per unit area in coral reefs and lagoons, and in
vegetated banks and bays (seagrass meadows; Figure 2), due to a combination of high fractions of HMC, which
dissolve faster than other CaCO3 minerals, deep oxygen penetration and high organic matter respiration in the
sediment. Carbonate‐poor shelves, on the other hand, display much lower dissolution rates on an areal basis, but
integrated over the total area, these carbonate‐poor shelves become equally important as coral reefs and lagoons,
due to their much larger surface area (Table 2). This is particularly noteworthy, as most research on CaCO3

cycling has traditionally focused on coral reefs, while carbonate‐poor shelves have been largely overlooked. This
is especially the case for carbonate‐poor sands, for which dissolution data are only available from 4 studies (Table
S3 in Supporting Information S1), resulting in a high relative uncertainty of 450%.

Alkalinity produced by CaCO3 dissolution in shallow sediments buffers climate change on much faster timescales
than deep‐sea sediments due to the rapid equilibration of the shallow and well‐mixed coastal water column with
the atmosphere (Thomas et al., 2009). Barring any secondary reactions, the dissolution of one mol of CaCO3 in
the sediment leads to the addition of 2 mol of AT and 1 mol of DIC to the water column (Equation 1). We apply a
2:1 ratio, as we consider only the direct effect of CaCO3 dissolution and not metabolic CaCO3 dissolution.
Aerobic respiration would occur irrespective of CaCO3 dissolution and is therefore not included. The addition of
one mol of AT to the surface ocean at a constant pCO2 ∼400 ppm induces an average uptake of 0.84 mol of
atmospheric CO2 (Schulz et al., 2023). Therefore, the dissolution of one mol of CaCO3 will lead to an additional
uptake of 0.68 mol of CO2 from the atmosphere (i.e., 2× 0.84 mol fromAT addition minus 1 mol already provided
by DIC). As such, we estimate that a total of 7 ± 6 Tmol of CO2 might be sequestered annually by sedimentary
CaCO3 dissolution in coastal and shelf environments. The global ocean currently absorbs 242± 33Tmol CO2 yr

− 1,
representing about 26% of the total anthropogenic CO2 emissions (Friedlingstein et al., 2025). Accordingly,
sedimentary coastal and shelf CaCO3 dissolution represents ∼3% of the yearly global ocean CO2 sink (1.4% coral
reefs and lagoons, 0.2% banks and bays, 0.2% carbonate‐rich shelves, 1.3% carbonate‐poor shelves). As ocean
acidification continues to reduce the calcium carbonate saturation state of the coastal seawater, one expects that this
will elevate CaCO3 dissolution in coastal and shelf sediments, and that CO2 buffering in shallow sediments will
further increase in the future (Eyre et al., 2014; Lunstrum&Berelson, 2022; van de Velde et al., 2026). This effect
may already be underway, as several coastal and shelf areas have recently begun transitioning fromCO2 sources to
sinks (Andersson & Mackenzie, 2004; Andersson et al., 2005; Chen & Borges, 2009).

Most coral reefs and lagoons are currently still sources of CO2, as reef calcification exceeds sedimentary
dissolution (Eyre et al., 2018). With progressing ocean acidification, however, reef sediments are expected to
eventually shift from net precipitation to net dissolution, which is estimated to happen by the end of this century or
the start of the next (Andersson, 2015). This shift would turn coral reefs and lagoons into sinks for atmospheric
CO2. Continental shelf areas are also shifting from being CO2 sources to being CO2 sinks (Bauer et al., 2013;
Frankignoulle & Borges, 2001; Laruelle et al., 2018). Historically, respiration of land‐derived organic matter and
biogenic calcification made these regions net sources of CO2 (Bauer et al., 2013; Mackenzie et al., 2004).
Currently, however, enhanced physico‐chemical uptake of CO2 driven by rising atmospheric concentrations,
together with increased biological uptake stimulated by anthropogenic nutrient input into the ocean, is turning
continental shelves into CO2 sinks (Bauer et al., 2013). The buffering capacity of these environments toward
increasing CO2 is dependent on the presence of sufficient CaCO3 in the sediment. Increased dissolution due to
ocean acidification could result in higher dissolution than calcification, which could, given enough time, even-
tually deplete CaCO3 and result in a transition from CO2 sink back to source (Lunstrum & Berelson, 2022).
Assuming a 1% excess of dissolution over the current precipitation rate of 23 Tmol yr− 1 (Table 2) and a carbonate
content of 1 wt.% in carbonate‐poor shelf sediments, complete depletion of CaCO3 in the oxic layer of carbonate‐
poor muddy and sandy sediments would occur within approximately 400 and 1,400 years, respectively (see Text
S1 in Supporting Information S1 for calculation). However, sustained excess dissolution would also increase the
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alkalinity and CaCO3 saturation state of seawater, exerting a negative feedback on dissolution, which would make
this CaCO3 depletion scenario unlikely.

Our coastal and shelf CaCO3 budget shows a residual rate of 15 Tmol yr− 1 (>100% uncertainty; Table 2), which
implies either inaccuracies in the averaged rate estimates or a lateral CaCO3 export from the shelf toward the slopes
and deep sea. The most uncertain component in the budget is the CaCO3 production term (uncertainty >100%), for
which we applied a substantial upward correction following Smith and Mackenzie (2016). This revised estimate
was based on an average rate, stemming from a very wide range of values, and the contribution of other calcifying
organisms was included based on estimates without direct observational data. A production overestimate could
therefore partly account for the residual. On the other hand, our budget does not include CaCO3 input from coastal
erosion of CaCO3 rocks, which has recently been identified as a significant source to coastal waters (Scholz
et al., 2025; Wallmann et al., 2022). If CaCO3 input from either erosion or production is indeed large, it would
require significantly higher burial or dissolution rates to balance the coastal and shelf budgets. However, since both
burial and dissolution have uncertainties of around 100%, they would only substantially affect the budget
imbalance if they occurred at the upper edge of the uncertainty range (Table 2). It is therefore plausible that a
considerable fraction of the residual rate is represented by lateral off‐shelf CaCO3 export. Although little to no data
on export exist, we provide an order‐of‐magnitude estimate using a study on off‐shelf particulate matter export in
the Gulf of Lyon (Ferré et al., 2008) as a reference case. Assuming a CaCO3 content of 70% and 1% in carbonate‐
rich and carbonate‐poor shelf sediments, respectively, this comparison yields a total shelf export rate of
6 Tmol yr− 1, corresponding to ∼40% of the residual rate (see Text S2 in Supporting Information S1 for detailed
calculation). This illustrates the plausibility of substantial lateral exports, yet its global magnitude remains highly
uncertain due to rate uncertainties, especially for CaCO3 production and coastal erosion.

Table 3 and Figure 7a show the global annual CaCO3 budget, including a lateral off‐shelf export of 15 Tmol yr− 1,
as suggested by our coastal and shelf budget (Table 2), and slope and deep‐sea production, burial and dissolution
rates from the literature (see Text S3 in Supporting Information S1 for derivations). Slope and deep‐sea disso-
lution rates are estimated at 8 and 114 Tmol yr− 1, respectively, each with an uncertainty of around 50%. Based on
these estimates, coastal and shelf CaCO3 dissolution may account for∼8% of the global ocean CaCO3 dissolution.
Despite high uncertainty, this contribution is substantial considering that coastal and shelf environments only
represent ∼6% of the global ocean surface area and that the water column is oversaturated for the CaCO3 mineral
phases, as compared to the undersaturated deep sea. The global budget reveals a CaCO3 surplus of 11 Tmol yr− 1

(>100% uncertainty). While such an excess might suggest that the ocean is not in a steady state, one expects a
CaCO3 deficit rather than a surplus, as ongoing ocean acidification has increased carbonate dissolution rates. We
therefore attribute this imbalance primarily to uncertainties in rate estimates within the carbonate cycle. Besides
uncertainties in coastal and shelf rates, which have already been discussed, slope burial contains the highest
uncertainty in the budget (100%). The rate used in our budget (6 Tmol yr− 1; Table 3) is based on the poorly
constrained estimate reported in Milliman and Droxler (1996). In an effort to further constrain this value, we

Table 3
Global Marine Calcium Carbonate (CaCO3) Budget

Environment Area (1012 m2) Production (Tmol yr− 1) Burial (Tmol yr− 1) Dissolution (Tmol yr− 1) Additional input (Tmol yr− 1) Residual (Tmol yr− 1)

Total coastal/shelf 22 38 (P) 16 (F) 11 ± 9 4 (G) +15 (P)

Slope 32a 13 (G)a 6 (F)b,c 8 (G)a − 1 (P)

Water column 13 (G) 0 ?

Sediment 0 6 (F) ?

Deep sea 308a 120 (G)a 9 (G)d 114 (G)a − 3 (P)

Water column 120 (G) 0 81 (G)

Sediment 0 9 (G) 33 (G)

Total slope/deep sea 340 133 (G) 15 (G) 122 (G) − 4 (P)

Total ocean 362 171 (?) 31 (?) 133 (G) 4 (G) +11 (?)

Note. Slope and deep‐sea production refers to production in the surface water above these environments. aBerelson et al. (2007). bvan Weering et al. (1998). cMilliman
and Droxler (1996). dCatubig et al. (1998); see Text S3 in Supporting Information S1 for derivations.

Global Biogeochemical Cycles 10.1029/2025GB008936

GOOSSENS ET AL. 14 of 20



examined the available literature on slope burial but found only a single additional study (van Weering
et al., 1998; Text S3 in Supporting Information S1), underscoring the large uncertainty associated with this term.
A higher slope burial rate could partly resolve the budget imbalance, yet it is evident from the uncertainties
observed across several of the carbonate process estimates that targeted research is needed to further refine the
global CaCO3 budget.

Finally, we present an updated global ocean AT budget (Table 4, Figure 7b) adapted fromMiddelburg et al. (2020;
see Text S4 in Supporting Information S1 for derivations and updates). The largest net source of ocean AT is
riverine (32 Tmol yr− 1; 50% uncertainty) through which AT generated by continental weathering on land is
delivered. River AT estimates were derived from river DIC, assuming that bicarbonate is the predominant DIC
species in rivers (Raymond & Hamilton, 2018), and that bicarbonate concentrations are equivalent to AT (Suchet
et al., 2003). The largest net sink of ocean AT is CaCO3 burial (62 Tmol yr− 1; 100% uncertainty). During
calcification, AT is consumed (Equation 1), and the formed CaCO3 either dissolves, restoring the originally
consumed AT, or is buried, leading to a net AT sink. The internal cycling of CaCO3 via precipitation and

dissolution thus underscores the important role of CaCO3 dynamics in
regulating climate, both on short timescales in coastal and shelf environments,
and on long timescales in the deep sea.

Our AT budget reveals an imbalance of − 10 Tmol yr− 1 (unknown uncertainty;
Table 4), which suggests a substantial missing AT source. However, of all the
other processes contributing to the ocean AT budget, submarine groundwater
discharge carries a very high uncertainty (>100%; Table 4). A recent study
reported estimates for the groundwater discharge flux ranging from 7.4 to
83 Tmol AT yr− 1 (Zhang & Planavsky, 2020). Such variability could easily
resolve the imbalance, highlighting that future work is needed to better
constrain the global AT budget. Finally, while coastal erosion of CaCO3 was
not included in our budget, it is unlikely that this process would resolve the
imbalance, since adding it would require an equivalent increase in CaCO3

burial (e.g., in the poorly constrained slope burial) to balance the CaCO3

budget, thus resulting in no net effect on the AT budget. Instead, it is more
likely that some of the other AT sources are underestimated, particularly the
poorly constrained submarine groundwater discharge.

Our CaCO3 budget suggests that a considerable fraction of the coastal and
shelf CaCO3 is transported from the short‐term (annual‐decadal timescales) to
the long‐term (millennial timescales) carbonate cycle (Figure 7a), thus losing
its short‐term buffering capacity. As the exported CaCO3 dissolves in deeper
waters, the produced AT will become part of the deep ocean alkalinity cycle
(Figure 7b), only buffering atmospheric CO2 on millennial timescales
(Archer, 1996).

Figure 7. (a) Global marine calcium carbonate (CaCO3) budget. Rates are from Tables 2 and 3 and are discussed in the main text. (b) Alkalinity budget, adapted from
Middelburg et al. (2020; see Text S4 in Supporting Information S1 for derivations; updated values for CaCO3 burial are discussed in the main text). Uncertainties for all
processes are shown within parentheses as G (∼50% uncertainty), F (∼100% uncertainty), or P (more than 100% uncertainty). Reference saturation horizons for high‐Mg
calcite (HMC), aragonite (Ara), and low‐Mg calcite (LMC) are shown in green. Rates shown in red were derived from mass balance calculations and are therefore
unconstrained.

Table 4
Global Alkalinity Budget, Adapted From Middelburg et al. (2020; See Text
S4 in Supporting Information S1 for Derivations)

Alkalinity source/sink Tmol yr− 1

Riverine DIC 32 (G)

Riverine PIC 8 (G)a

Submarine groundwater discharge 1 (P)

Organic matter burial 3 (F)

Denitrification 1.5 (?)

Sulfur burial 5 (F)

Submarine silicate weathering 3 (P)

Total sources 54 (?)

Coastal/shelf CaCO3 burial 32 (F)a

Slope CaCO3 burial 12 (F)a

Deep‐sea CaCO3 burial 18 (G)a

Reverse weathering 1 (G)

Total sinks 63 (F)a

Imbalance − 10 (?)a

aUpdated values, as discussed in the main text and Text S4 in Supporting
Information S1. Uncertainties for all processes are shown within parentheses
as G (∼50% uncertainty), F (∼100% uncertainty), or P (>100% uncertainty).
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5. Summary and Outlook
In this study, we compiled carbonate dissolution rates and discussed the drivers of dissolution across a range of
coastal and shelf environments. Oxygenated sediments with high organic matter input and high fractions of high‐
magnesium calcite display the highest CaCO3 dissolution rates. Our meta‐analysis estimated a coastal and shelf
CaCO3 dissolution rate that falls within the range of literature estimates, and the associated residual was suggested
to be primarily lateral off‐shelf export. While sedimentary coastal and shelf dissolution has the potential to buffer
a substantial amount of the global oceanic CO2 sink on short timescales, off‐shelf export transports a significant
fraction of the coastal and shelf CaCO3 from the short‐term to the long‐term CO2 feedback.

Our study reveals three major sources of uncertainty in coastal and shelf carbonate dissolution that should be
prioritized in future research to refine the CaCO3 budget:

1. Carbonate‐poor sands appear to play a significant role in carbonate dissolution. However, these sediments
have traditionally been understudied, thus yielding large uncertainty on their total dissolution rate. Dedicated
efforts are therefore needed, including the development of in situ measurement techniques suitable for coarse,
permeable sediments.

2. Carbonate‐rich shelf sediments as well as mangrove and salt marsh ecosystems also remain poorly constrained
due to a lack of data. Although they cover smaller areas than carbonate‐poor shelves, their contribution to the
coastal and shelf CaCO3 budget remains largely unknown and requires dedicated assessment.

3. Lateral export of CaCO3 from the continental shelf might constitute a substantial component of our budget;
however, this idea remains unvalidated due to a lack of empirical studies. Dedicated research is needed to
quantify export rates and elucidate the underlying transport mechanisms.

Addressing these knowledge gaps is critical for validating and improving the coastal and shelf CaCO3 budget.
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